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ABSTRACT 
A chemostratigraphic section across the Paleocene/Eocene boundary, using the 
stable isotopes of carbon and oxygen, has been developed for North America's most 
southern exposure of early Paleogene continental deposits in which the boundary is 
constrained by fossil mammals.  A negative carbon excursion has been identified within 
C24r. The range in δ13C values is from -8.1 to -13.20/00.  Until the development of the 
chemostratigraphic section it was uncertain if the earliest Eocene was recorded in Big 
Bend.  An early Wasatchian (Wa1) fossil site occurs stratigraphically higher than the 
carbon excursion and has yielded the stratigraphically lowest Hyracotherium in the Big 
Bend region.  Based on the stable isotope stratigraphy, time equivalent to Wa0 is 
recorded in Big Bend but no Wa0 fossils have been found.   
To examine the possible effects of the initial Eocene thermal maximum (IETM) 
on pedogenesis in the study area, the chemical index of alteration (CIA) was calculated 
for pre IETM paleosols and paleosols that occur within the negative carbon excursion.  
Pre IETM paleosols have CIA values that indicate moderate weathering.  IETM paleosols 
have CIA values that indicate moderate to intense weathering.  The clay mineralogy of 
pre IETM paleosols is dominated by smectite, and it is only within the carbon excursion 
that there is a change.  Kaolinite increases from 2% to 17% in one paleosol horizon that is 
associated with the carbon excursion.  Other notable differences are an increase in the 
translocation of clays and irons, an increase in base loss and a decrease in the amount of 
calcite in IETM paleosols.  These changes suggest that the climate must have been 
moister during this time.  An increase in hydrolysis reactions caused by an increase in 
 vi
humidity, rainfall and an increase in carbonic acid in the soil due to elevated CO2 levels 
during the IETM are the interpreted mechanisms for increased weathering. 
 vii
CHAPTER 1:  INTRODUCTION 
The Paleocene/Eocene Transition 
The Paleocene/Eocene (P/E) transition is marked by a well-documented global 
warming event, the Initial Eocene Thermal Maximum (IETM).  Evidence for the IETM 
using the stable isotopes of carbon and oxygen has been found in both continental and 
marine deposits (Bowen et al., 2001; Norris and Rohl, 1999; Fricke et al., 1998; Koch et 
al., 1992; Kennettt and Stott, 1991).  Brief but extreme climatic events spanning the P/E 
transition have been documented using various techniques.  The first was the 
identification of a negative δ13C isotope excursion (CIE) in marine carbonates which was 
interpreted to represent a significant warming of both marine bottom waters and high 
latitude surface water (Kennett and Stott, 1991).  This early work has been supported by 
other studies in the marine setting that have also documented a warming of the oceans 
during the P/E transition (Katz et al.1999; Norris and Rohl, 1999; Thomas et al., 2002).  
In the marine realm, the CIE has been reported in both planktonic and benthonic 
foraminifera.  Kennett and Stott (1991), Zachos et al. (1993) and Thomas et al. (2002) 
report a decrease in the δ 13C in planktonic species of 2.5‰ to 4.5‰ and a drop of 2.5‰ 
in benthonic species.  In continental settings, δ 13C values from pedogenic carbonate 
nodules decrease as much as 7.0‰ (Koch et al., 1995; Bowen et al, 2001).  To date, the 
most likely scenario to explain this dramatic shift in the carbon isotope ratio is the release 
and oxidation of isotopically light methane from gas hydrate accumulations in the 
seafloor (Dickens et al., 1995; Bains et al., 1999; Dickens, 2001; Thomas et al., 2002). 
The warming event was identified in the continental Bighorn Basin of Wyoming 
by examining the stable isotopic signature in pedogenic carbonate nodules and later 
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linked to the CIE (Koch et al., 1992; Koch et al., 1995; Fricke et al., 1998).  More 
recently, the CIE has been identified in several other continental locations; western 
Tornillo Flat, Big Bend National Park, Texas (White and Schiebout, 2003), the Hengyang 
Basin, China (Bowen et al., 2002; Ting et al., 2003), Powder River Basin, Wyoming 
(Wing et al., 2003) and the Tremp Basin, Spain (Schmitz and Pujalte, 2003). 
Another interesting geological phenomena of the P/E transition, in addition to 
changes in atmospheric CO2 levels, extinctions of foraminifera, and the appearance of 
several modern orders of mammals, is a significant increase in the amount of kaolinite 
present in both marine and continental deposits (Gibson et al., 1993; Gibson et al., 2000 
and Schmitz and Pujalte, 2003).  There are two distinct arguments with regard to the 
source of the kaolinite.  Gibson et al., (2000) report an increase in kaolinite in marine 
sediments spanning the P/E transition along the Atlantic coast from southern Virginia to 
New Jersey.  They argue that the kaolinite was produced pedogenically during the IETM, 
during periods of increased temperature and precipitation, and was later eroded and 
transported to the sea during a major transgression.  Schmitz and Pujalte (2003) have 
identified an increase in kaolinite in paleosols that record the IETM and argue against a 
pedogenic source.  They argue that kaolinite and pedogenic carbonate nodules are at 
opposite ends of the spectrum of climatic factors that control soil formation.  They refer 
to Retallack (2001) and state that carbonate nodules can not form in the same humid and 
annually wet soils in which kaolinite forms.  Schmitz and Pujalte (2003) conclude that 
the kaolinite is detrital and reflects a change in the source of clay and deeper physical 
erosion.  In addition it has also been argued that the IETM was too short to produce such 
large amounts of kaolinite (Thiry, 2000). 
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Statement of the Problem 
This dissertation examines the P/E transition in the southernmost exposure of 
continental deposits in North America that record the terrestrial P/E transition, 
constrained by fossil mammals and magnetic polarity data.  The study area is located on 
western Tornillo Flat in Big Bend National Park, Texas.  The four fundamental questions 
that are being addressed in this dissertation are: 
1) Is the CIE that is associated with the IETM elsewhere, recorded in the 
study area? 
2) Does the appearance of Hyracotherium in the study area occur in the 
North American Land Mammal age zone, Wasatchian zero or 
Wasatchian one? 
3) If the CIE is recorded in the study area, is there evidence that would 
indicate that the IETM affected pedogenesis in the study area? 
4) What were the paleotemperatures before, during, and after the IETM?  
Dissertation Outline 
Chapters two, three and four in this dissertation follow a natural progression, 
which answers the four fundamental questions being addressed.  Chapter two examines 
the stable isotope stratigraphy and the stratigraphic occurrence of Hyracotherium in the 
study area.  Chapter three is a detailed examination of the morphology, mineralogy and 
geochemistry of paleosols that formed prior to and during the IETM.  Chapter four uses 
the stable isotopes of oxygen to identify changes in temperature spanning the P/E 
transition in the study area. 
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CHAPTER 2:  STABLE ISOTOPE STRATIGRAPHY 
Introduction 
The stable isotopic ratios of carbon and oxygen from authigenic soil carbonate 
can record changes in climatic conditions and plant cover.  Using these ratios from 
carbonate nodules that formed in stacked paleosols within ancient fluvial deposits can 
provide a proxy for changing climatic conditions.  The carbon isotopic composition of 
authigenic soil carbonate is controlled by the type of plant cover (Cerling, 1984).  The 
formation of authigenic soil carbonate has been described and its fractionation pathways 
under various types of plant cover have been documented by Cerling, (1984), Quade et 
al. (1989) and Cerling et al. (1991).  Since C4 plants were not a significant part of the 
flora until the Miocene (Quade and Cerling, 1995) and the δ13C values of a C3 cover are 
between –14‰ and -8‰, changes in the atmospheric 13C/12C ratio should be recorded in 
pedogenic carbonate (Cerling, 1984; Quade et al., 1989; Cerling et al., 1991; Koch, 
1998). 
This dissertation presents new data on southern continental deposits spanning the 
P/E boundary.  The outcrop in the study area (Fig. 2.1) is the southernmost exposure of 
continental deposits in North America that record the terrestrial P/E transition, 
constrained by fossil mammals and magnetic polarity data. 
Geological Setting 
The P/E transition in the study area lies within the Tornillo Formation (Maxwell et al, 
1967) (Fig. 2.2) of the Tornillo Basin.  Lehman (1991) has interpreted the Tornillo Basin 
as the most southern intermontane basin to have developed in the North American 
Cordillera during the Laramide Orogeny.   
 7
 
 
Figure 2.1 - The study area is located on Tornillo Flat in Big Bend National Park, Texas.  
Detailed columnar sections are shown in Appendix A. 
 
Fluvial deposits make up most of the basin. (Schiebout 1974; Lehman 1991).  Relief was 
never great enough for the development of alluvial fans and drainage through the basin 
was never restricted enough to allow significant lacustrine deposition (Lehman, 1991).  
Based on magnetic polarity data (Rapp et al., 1983) the P/E boundary is at approximately 
125m above the base of the Black Peaks Member in the section and roughly corresponds 
to the contact between the Black Peaks Member and the Hannold Hill Member 
(Schiebout, et al., 1987) (Fig. 2.2).  The rock crops out in typical badlands exposures 
(Fig. 2.3).  Stacked red and black mudstones that have been interpreted as paleosols 
dominate the outcrop (Schiebout, 1974; White and Schiebout, 2003). 
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Figure 2.2 - Stratigraphic control and stable isotope data for the study area. 
Columns 1 (millions of years) and 2 (n=normal, r=reversed) are the chronology and 
polarity history after Berggren et al., (1995).  Column 3 is the magnetic polarity data for 
the study area after Rapp et al., (1983).  Column 4 Formation and Members in the study 
area after Schiebout et al., (1987).  Column 5 (in meters) shows the locations of black 
paleosols.  The base of this section corresponds the to the base of the section used by 
Schiebout (1974) Column 6 is the chemostratigraphic section from White and Schiebout 
(2003).  The figure is modified from Schiebout (1995). 
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Figure 2.3 – Typical exposure of early Paleogene outcrop in Big Bend National 
Park,Texas.  Black paleosols can be used as marker beds.  Also shown are the stacked red 
paleosols that contain carbonate nodules. 
 
Methods 
Seventeen detailed stratigraphic sections were measured to characterize the 
morphology and geochemistry of Big Bend paleosols in the study area.  Sections were 
measured using a Jacob’s staff and a Brunton compass.  Each section was tied into a 
marker bed, so a composite section could be constructed.  Marker beds are prominent 
black paleosols that crop out laterally for hundreds of meters (Fig. 2.3). 
Carbonate nodules were sampled from 46 paleosols to develop a 
chemostratigraphic section, with the goal of pinpointing the beginning of the IETM now 
defined by the CIE.  Nodules where collected from B horizons of stacked red paleosols 
(Fig. 2.3, 2.4).  The chemostratigraphic section is a composite of nine individual sections 
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(Appendix A).  Isotopic analyses were performed on samples taken from polished 
surfaces of nodules under magnification to insure the sampling of micrite and not spar 
(n=123).  In most cases, at least two nodules from each paleosol were analyzed.  The 
number of analyses per paleosol was increased to at least three at the expected level of 
the P/E transition.  Approximately 150µg of sample was roasted in a vacuum at 400° C to 
remove organics.  A Micromass Optima or Prism gas-source mass spectrometer was used 
to analyze the sample after reaction with 100% phosphoric acid.  Analyses were 
preformed at the Department of Earth Sciences, at the University of California, Santa 
Cruz.  Results are reported relative to the V-PDB standard in per mil units.  δ18O and 
δ13C values were calculated using the following equation: 
 δ 18O or δ 13C = [(Rsample/Rstandard)-1] x 1000 
where Rsample and Rstandard are the ratios of  18O/16O or 13C/12C for the sample and 
the standard respectively. 
Results 
The IETM and its CIE in the Bighorn Basin occurs within magnetic polarity chron 24R2 
(Bowen et al., 2001; Koch et al., 1992, 1995).  Magnetic polarity data place the P/E 
transition in the study area at approximately 125m above the base of the Black Peaks 
Member of the Tornillo Formation (Rapp et al., 1983; Schiebout et al., 1987) (Fig. 2.2).  
The initial chemostratigraphic results from for the study area are shown in Figure 2.5 and 
Table 2.1.  The range in δ13C and δ18O values is between -13.240/00 to -8.140/00 and -
5.500/00 to -3.1000/00 respectively. 
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Figure 2.4 – Close up of stacked red paleosols that contain carbonate nodules, 
with interpreted soil horizons and pedogenic features (B and E horizons, k = 
carbonate nodules, ss = slickensides, g = gleyed (mottled).  Pick is 35cm long. 
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Figure 2.5 – Complete isotope data set from the Tornillo Formation in Big Bend National 
Park, TX.  Significant gaps in the section result from the absence of carbonate nodules in 
paleosols at these levels.  δ13C ratios = o and δ18O = ◊. 
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Table 2.1 - Carbon and oxygen isotope values of pedogenic carbonate nodules from the 
early Paleogene deposits of Big Bend National Park, Texas. 
 
Section/Soil/Nodule Level (m) δ13C δ18O Section/Soil/Nodule Level (m) δ13C δ18O
B1-02-01 95.55 -9.29 -3.40 B6-03-01 119.80 -9.81 -4.30
B1-02-02 95.55 -9.28 -3.10 B6-03-02 119.80 -11.77 -4.56
B1-04-01 96.39 -9.27 -3.11 B6-03-03 119.80 -13.25 -5.14
B1-04-02 96.39 -9.22 -3.26 B6-03-03 119.80 -9.86 -4.45
B1-07-01 97.93 -9.16 -3.49 B6-03-03 119.80 -9.79 -4.69
B1-07-02 97.93 -9.17 -3.20 B6-03-03 119.80 -9.68 -4.13
B1-09-01 99.22 -9.17 -3.53 B6-03-03 119.80 -9.61 -4.06
B1-09-02 99.22 -9.82 -3.75 B6-03-04 119.80 -9.46 -4.25
B1-12-01 100.26 -9.28 -3.33 B6-03-05 119.80 -9.41 -4.86
B1-12-02 100.26 -9.23 -3.49 B6-03-06 119.80 -9.38 -4.47
B2-01-01 100.94 -9.41 -3.54 B6-03-07 119.80 -9.76 -4.16
B2-01-02 100.94 -9.15 -3.47 B6-04-01 120.82 -9.57 -4.03
B2-02-01 102.90 -11.63 -4.66 B6-04-01 120.82 -8.85 -4.83
B2-02-02 102.90 -11.56 -4.86 B6-04-02 120.82 -9.63 -4.86
B2-02-03 102.90 -11.58 -4.98 B6-04-02 120.82 -8.79 -4.46
B3-02-01 106.50 -9.30 -3.39 B6-04-02 120.82 -8.74 -4.29
B3-02-02 106.50 -9.36 -3.77 B6-04-03 120.82 -9.88 -3.98
B3-02-03 106.50 -9.55 -3.57 B6-04-03 120.82 -9.65 -4.91
B3-18-01 115.08 -9.19 -3.33 B6-04-03 120.82 -8.60 -4.32
B3-18-02 115.08 -9.30 -3.34 B7-01-01 130.60 -10.07 -3.97
B3-18-03 115.08 -9.28 -3.32 B7-01-01 130.60 -9.37 -4.86
B3-19-01 115.38 -10.03 -3.98 B7-01-02 130.60 -13.06 -5.50
B3-19-02 115.38 -10.18 -3.69 B7-01-02 130.60 -9.27 -4.83
B3-19-03 115.38 -9.69 -3.66 B7-01-02 130.60 -9.04 -3.80
B4-01-01 116.95 -9.90 -3.93 B7-01-03 130.60 -11.23 -4.37
B4-01-02 116.95 -9.92 -3.95 B7-01-03 130.60 -9.39 -4.06
B4-01-03 116.95 -10.70 -4.16 B7-01-03 130.60 -9.21 -4.97
B4-01-04 116.95 -10.07 -4.07 B7-02-01 130.77 -12.55 -4.89
B4-01-05 116.95 -10.97 -4.66 B7-02-01 130.77 -12.30 -4.98
B3-21-01 117.33 -9.60 -4.05 B7-02-01 130.77 -9.35 -4.85
B3-21-03 117.33 -9.05 -4.15 B7-02-02 130.77 -9.43 -4.74
B4-02-01 117.43 -10.11 -3.87 B7-02-03 130.77 -9.24 -4.65
B4-02-02 117.43 -9.71 -3.67 B8-01-01 131.50 -9.29 -4.70
B4-02-03 117.43 -9.92 -3.65 B8-01-02 131.50 -9.39 -4.60
B4-02-04 117.73 -12.11 -4.88 B5-08-01 132.29 -8.96 -4.59
B4-02-05 117.73 -10.26 -3.96 B5-08-02 132.29 -9.06 -4.61
B6-01-01 119.35 -9.93 -4.18 B8-02-01 132.58 -8.85 -4.49
B6-01-01 119.35 -9.59 -3.92 B8-02-02 132.58 -9.07 -4.19
B6-01-02 119.35 -9.79 -4.08 B7-03-01 132.75 -9.32 -4.64
B6-01-02 119.35 -9.44 -4.40 B7-03-02 132.75 -9.46 -4.64
B6-01-03 119.35 -9.87 -4.52 B8-03-01 133.18 -9.27 -4.50
B6-01-03 119.35 -9.37 -4.52 B8-03-02 133.18 -9.18 -4.68
B6-01-04 119.35 -10.01 -4.81 B5-09-01 133.29 -9.58 -4.61
B6-02-01 119.50 -9.84 -4.26 B5-09-02 133.29 -9.65 -4.60
B6-02-01 119.50 -9.57 -4.70 B7-05-01 133.41 -9.38 -4.58
B6-02-02 119.50 -9.25 -4.03 B7-05-02 133.41 -9.37 -4.64
B6-02-03 119.50 -8.86 -4.18 B8-04-01 133.68 -9.24 -4.34
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Table 2.1 – Continued. 
 
Section/Soil/Nodule Level (m) δ13C δ18O Section/Soil/Nodule Level (m) δ13C δ18O
B8-04-02 133.68 -9.31 -4.48 B8-13-01 139.03 -9.55 -4.38
B7-06-01 133.93 -8.14 -4.97 B8-13-02 139.03 -9.60 -4.59
B7-06-02 133.93 -8.24 -5.14 B8-14-01 139.58 -9.35 -4.56
B8-05-02 134.36 -9.52 -4.61 B8-14-02 139.58 -9.38 -4.44
B8-05-03 134.36 -9.42 -4.57 B8-15-01 139.83 -9.33 -4.52
B5-10-01 134.40 -9.47 -4.48 B8-15-02 139.83 -9.43 -4.46
B5-10-02 134.40 -9.56 -4.57 J5-07-01 141.03 -9.00 -4.85
B5-11-01 134.82 -9.61 -4.73 J5-09-01 141.97 -9.50 -4.62
B5-11-02 134.82 -9.85 -4.64 J5-10-01 143.57 -9.28 -4.57
B8-07-01 136.28 -9.72 -4.56 J5-11-01 144.8 -9.64 -5.01
B8-07-02 136.28 -9.69 -4.54 J5-12-01 149.26 -9.18 -4.37
B8-11-01 138.08 -9.55 -4.45 J5-13-01 150.53 -9.23 -5.11
B8-11-02 138.08 -9.59 -4.56 J5-15-01 153.76 -9.36 -4.20
B8-12-01 138.53 -9.59 -4.48 J5-16-01 155.23 -9.66 -4.39
B8-12-02 138.53 -9.55 -4.50
 
At 115.38m in the section there is a shift towards more negative δ13C values and at 
131.50m the δ13C values return to approximately pre-excursion values.  Between these 
two elevations, δ13C values range from -13.2480/00 to -9.5660/00 with a mean δ13C value 
of -10.3480/00.  Between 115.38m and 130.77m, any δ13C value less than -9.5000/00 is 
considered an excursion value. 
Stable Isotope Groupings 
Figure 2.6 is a cross plot of the stable isotope data and shows that the data fall into 
four distinct groupings, pre-excursion, excursion, non-excursion within the stratigraphic 
range of excursion values, and post excursion values.  The pre-excursion carbon and 
oxygen ranges are low, 0.677‰ and 0.675‰ respectively.  This analysis was performed 
on the pre-excursion data with the more negative values at 102.9m removed.  This was 
done because this ancient soil is not a typical red, nodule-rich paleosol but a distinct, 
black, nodule-poor paleosol with a very complex pedogenic history (White and 
Schiebout, 2003).  Ranges in stable carbon and oxygen values within the post-excursion 
 15
grouping show more variability.  The range for δ13C is 1.703‰ and a range of 0.950‰ is 
recorded for δ18O. 
Stable isotope variability is greatest within the stratigraphic range that records the 
IETM.  The range for δ13C is from -8.5960/00 to -13.2480/00.  Oxygen values range from   
-3.6470/00 to -5.4990/00.  This range is divided into two groups, excursion and non-
excursion within the stratigraphic range of the CIE.  This distinction is based on δ13C 
ratios.  δ13C values less than -9.500 are consider to be excursion ratios. 
Stable Isotope Variation Within Paleosol Horizons 
Figure 2.7 is a summary of the isotopic variation within paleosol horizons prior 
to, during, and after the CIE.  Carbon and oxygen variation is low before the CIE (Fig. 
2.7C).  The maximum variation in δ13C is 0.65‰, and a variation of 0.38‰ is recorded 
for δ18O.  Variation of isotopic values within paleosol horizons above the CIE is similar 
to that in the stratigraphic section below the CIE (Fig. 2.7A).  Large variations in stable 
isotope values occur within the stratigraphic range of the CIE (Fig. 2.7B).  The maximum 
variation in δ13C is 4.01‰, and a variation of 1.70‰ is recorded for δ18O. 
Stable Isotope Variation Within Nodules 
The within-nodule stable isotopic variation is summarized in Figure 2.8.  All the 
values presented are from the stratigraphic range of the IETM.  The maximum within 
nodule range for δ18O is 1.70‰ and is most often less than 1.00‰.  The nodule with the 
lowest range in δ18O composition (0.12‰) has one of the highest within nodule δ13C 
compositional variations (3.20‰).  δ13C composition shows the most variation.  The 
lowest variation within a nodule is 0.70‰ and the highest is 4.02‰. 
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Figure 2.6 – Cross plot of carbon and oxygen isotope data from Big Bend.  The data fall into four groupings, pre excursion, post 
excursion, excursion and non excursion within the stratigraphic range of excursion values.  Note the low range in oxygen and carbon 
values in all groupings, except for the excursion grouping. 
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Figure 2.7 – A: Variation within paleosol horizons that are stratigraphically above the 
CIE.  B:  Isotopic variation within paleosol horizons, during the CIE.  C:  Variation 
within paleosol horizons that are stratigraphically lower than the CIE.  Each δ 13C and 
δ18O pair represents the variation within a paleosol horizon. 
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Discussion 
Data Quality 
Traditionally, the quality of stable isotope data from continental deposits has been 
assessed by examining the variation in δ18O values within nodules and within paleosol 
horizons.  For example, Bowen et al. (2001) removed data points from their analysis of 
the IETM in the Bighorn Basin if there was a greater than 1.00‰ variation within a 
single nodule or between nodules within a single paleosol horizon or the horizon above or 
below the horizon being examined.  They suggest that a variation greater than 1.00‰ in 
δ18O may have resulted from diagenesis.  This type of approach not only forces a 
continuous curve through the data, but it also suggests that once an existing soil is buried 
it is no longer active.  Pedogenic overprinting has been shown to be an active process in 
more modern soils as well as ancient soils (White and Schiebout, 2003; Deutz et al. 
2002).  Pedogenic overprinting can be defined as a "process in which pedogenesis in a 
surface layer of parent sediment feeds physicochemical and other imprints downward 
into a subjacent buried soil formed in a separate parent sediment, leading to pedogenic 
'fusion' of the two soils" (Soils Science Society of America, 2001).  With this in mind, 
some examples of stable isotope variation from more recent soils and paleosols are 
discussed which will later be used to explain the variation in the stable isotope 
composition of carbonate nodules from Big Bend paleosols.  In their detailed analysis of 
late Quaternary soils in the Rio Grande Rift region of New Mexico, Deutz et al. (2002) 
show that the ages of carbonate nodules, as well as their stable isotopic signature within a 
soil horizon, can vary greatly. 
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Figure 2.8 – Bar graph showing the within-nodule IETM variation of carbon and oxygen isotopic values (Top number is the 
carbon range and the lower number is oxygen).  Note the low range in oxygen isotope values in most nodules.  The nodule with 
the lowest range in oxygen isotope values (0.12‰) has a large range in carbon values (3.20‰).  This is interpreted to result from 
pedogenic overprinting. 
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A possible result is a time averaged record of climate change (i.e., pedogenic 
overprinting).  For example, Deutz et al. (2002) report δ13C and δ18O ranges of 3.4‰ 
from multiple nodules from one depth within a soil horizon.  The isotopic ages for these 
nodules equate to a 13,000 year range (Deutz et al., 2002).  This demonstrates that a soil 
exposed at the surface for a long period of time can record multiple climatic signatures. 
Other studies of recent paleosols have also documented varying ages of carbonate 
nodules within a single soil horizon as well as significant age differences between the 
time of nodule formation and the age of the host soils.  For example, using stable isotope 
ratios along with 14C dating, Magaritz et al. (1981) documented nodule formation in a 
soil to be between 12,650 to 14,800 years before present (ybp), while the host soil was 
older than 40,000ybp.  Their results show that the time of nodule formation does not 
always reflect the age of a soil.  During the 40,000 years of soil formation, it was not 
until 14,800 ybp when climatic and pedogenic conditions favored the formation of 
carbonate nodules.  This demonstrates that environmental conditions interpreted from 
isotopic ratios may not reflect the complete pedogenic history of a paleosol.  Mermut and 
Dasog (1986) established two distinct ages for the formation of carbonate nodules in a 
Vertisol.  The first time of formation was between 25,000 to 27,000 ybp and the second 
age of formation was 13,770 ybp.  Again, this demonstrates that it is very likely that a 
soil can record multiple climatic signals, and it would not be surprising to find varying 
isotopic ratios from a soil that was active at the surface for a long period in which a 
significant change in climate occurred.  Paleosols spanning the P/E transition in Big Bend 
National Park are known to be an example (White and Schiebout, 2003). 
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Stable Isotope Groupings 
If soils in the study area were active at the surface for long periods of time, it is 
not surprising to see variations in the composition of δ13C and δ18O ratios within the 
range of the CIE and that the isotopic values can be separated into four distinct groups 
(Fig. 2.6).  There is little variation in the isotopic ratios of both carbon and oxygen in the 
section below the CIE.  This is interpreted to result from constant climatic conditions 
with minimal changes in temperature and the δ13C composition of atmospheric CO2. 
The range in post-excursion δ13C and δ18O ratios is also small and suggests that 
pedogenesis during this stratigraphic interval progressed under similar climatic 
conditions within each distinct soil profile.  The δ18O ratios within these stratigraphically 
higher paleosols are more negative.  In addition, there is no overlap between pre- and 
post-excursion δ18O ratios (Fig. 2.6).  The two distinct δ18O groupings suggests that 
climatic conditions (i.e. temperature) differed during the formation of these ancient soils.  
These two distinct groups can be used to set lower and upper limits on δ 18O variations 
that occurred during the P/E transition in the study area.  For example, if δ 18O ratios 
within the CIE fell outside these upper and lower limits, the values may be suspect and 
not reflect climatic conditions but may be a result of diagenic alteration. 
Carbonate nodules from paleosols between 115.38m and 130.77m have a wide 
δ13C and δ18O compositional range.  This suggests that paleosols within the CIE may 
have recorded pre-, post- and excursion ratios resulting in a time averaged record.  Non-
excursion isotopic values within the stratigraphic range of the CIE show less variability 
than excursion values.  The range for δ13C is from -8.5960/00 to -9.4560/00.  Oxygen ratios 
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range from -3.7980/00 to -4.9680/00 and are more similar to post-excursion ratios than pre-
excursion ratios.  In a few cases (n=4) the δ18O composition within the CIE is comparable 
to pre-excursion δ18O ratios, but the overall trend suggests that paleosols between 
115.38m and 130.77m for the most part have recorded climatic conditions that existed 
during and after the IETM. 
All but one δ13C excursion ratios have δ18O ratios that fall within the upper and 
lower limits set by pre-and post-excursion δ18O ratios.  The one that does occur outside 
the range does so slightly and is not considered suspect. 
Stable Isotope Variation Within Paleosol Horizons 
The variations in both δ13C and δ18O ratios, within individual paleosol B horizons 
below the CIE are minimal and the variation in both ratios is consistently less than 
1.000‰ (Fig. 2.7C).  These small changes are interpreted to reflect little variation in 
climatic conditions during the formation of each individual soil as well as during the 
formation of all soils within this stratigraphic range. 
Soils that formed above the stratigraphic range of the CIE also have little isotopic 
compositional variation.  Here, the variation is less than that of the paleosols that formed 
prior to the CIE and is less than 0.300‰ within and between individual paleosol 
horizons.  Again, this suggests that there was little climatic variation during the formation 
of a soil and during the formation of all the soils within this stratigraphic range. 
Isotopic compositional variation is greatest within and between paleosols that 
formed during the CIE (Fig. 2.7B).  Only two of the eleven horizons fall outside of the 
δ18O range of 1.00‰ set by Bowen et al. (2001) in their investigation of the effects of 
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diagenesis on pedogenic carbonate nodules.  Changing climatic conditions during the 
formation of these soils better explains the δ18O compositional variation within and 
between these paleosols.  If burial diagenesis was the cause for the isotopic variation, one 
would expect significantly larger changes in δ18O.  The fractionation of oxygen isotopes 
during the precipitation of carbonate is very temperature-dependant.  A temperature 
increase of 2oC corresponds to a decrease in δ18O of 1.00‰ (Friedman and O’Neil, 1977).  
Lehman (1991), Nort et al. (2003) and Atchley et al., (2004) estimate a maximum burial 
for Big Bend Cretaceous sediments to be approximately two kilometers.  It can be 
assumed that Paleogene paleosols were buried no deeper than Cretaceous sediment.  
Variation in δ18O ratios due to burial diagenesis would be much greater than 1.00‰.  
These small variations in δ18O within the CIE are better explained by small, short-lived 
changes in soil temperature (e.g.  The difference between day and night soil temperatures 
and or seasonal temperatures.).  The significant range in δ13C ratios within and between 
paleosols horizons is interpreted to be a time averaged signal of climate change that 
resulted from pedogenic overprinting similar to the scenario described by Deutz et al. 
(2002).  The IETM was a short-lived event, and Big Bend soils where active at the 
surface of the Earth for long periods of time.  It is not surprising that there are large 
variations in δ13C and small to moderate variations in δ18O within and between paleosol 
horizons within the stratigraphic range of the CIE. 
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Stable Isotope Variation Within Nodules 
An interesting result of this analysis, albeit from a limited dataset, is that in one 
nodule, there is a minimal variation in δ18O (0.120/00), but a large range in δ13C (3.200/00).  
The fractionation of oxygen is very temperature dependant (Friedman and O’Neil, 1977).  
The minimal variation in the δ18O composition of this nodule indicates that it formed 
under a relatively constant temperature, but under a wide range of soil and atmospheric 
δ13C compositions.  This supports the idea that soils within the stratigraphic range of the 
CIE have recorded multiple soil and atmospheric δ13C ratios, either due to a long period 
of exposure at the surface and or due to pedogenic overprinting.  In other words, while 
this soil was exposed at the surface during the Paleogene it recorded one δ13C signature 
and then, when it was later buried, nodule formation continued and thus a later Paleogene 
δ13C signature was recorded 
Interpretation of Stable Isotope Data 
Based on the examination of δ18O variation within paleosol horizons and within 
nodules, as well as isotope groupings, the data presented here are taken to reflect the true 
soil δ18O and δ13C ratios during the precipitation of carbonate and the formation of 
pedogenic carbonate nodules.  There is minimal variation in pre- as well as post-
excursion δ18O values and only small variations within the stratigraphic range of the CIE.  
The δ18O compositional variation during the CIE is well within the range of pre-
excursion δ18O ratios and post δ18O ratios.  This range can be used to set upper and lower 
limits on the isotopic variability of pedogenic δ18O ratios that have not been affect by 
diagenesis.  In addition, the data indicate that these soils were either exposed at the 
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surface for long periods of time and recorded multiple climatic signals and or they were 
buried and there was a downward transfer of the chemical imprint of the overlying soil 
(i.e. pedogenic overprinting). 
The condensed early Paleogene section in Big Bend results in three apparently 
separate δ13C excursion events punctuating the section (Fig. 2.4).  This is a result of δ13C 
excursion and nonexcursion values occurring within single paleosols, interspersed with 
paleosols that contain no carbonate.  In the study area, the IETM is recorded in a 15.32m 
thick package of sediment with carbonate nodule bearing paleosols (n=10).  Within this 
package are 9.78m of sediment, including a seven meter thick black paleosol that does 
not contain carbonate nodules, as well as a 1.6m section of floodplain-pond deposits.  Big 
Bend soils are assumed to have been active at the surface for longer periods of time than 
those in the Bighorn Basin, and, therefore, a single paleosol can record pre-IETM and 
IETM nodule formation or IETM and post IETM nodule formation.  Gaps in the data 
result from paleosols that do not contain carbonate nodules. 
The first strong shift in δ13C values is at approximately 103m in the section, has a 
mean δ13C value of -11.5900/00 and is too early to equate to the IETM based on magnetic 
polarity data (Fig. 2).  However, Bowen et al. (2001) report a similar excursion in their 
dataset that occurs early in the Clarkforkian.  The excursion at 103m in the Big Bend 
section correlates to the early Clarkforkian excursion in the Bighorn Basin.  To date there 
has been no formal discussion on the possible causes of the early negative carbon 
excursion in continental or marine deposits. 
The two remaining negative δ13C spikes lie within magnetic polarity chon C24r 
and are bracketed by a latest Tiffanian or Clarkforkian fossil location and a Wasatchian 
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(Wa1) fossil site.  Based on magnetic polarity and fossil data, the two spikes at 120.0m 
and 131.0m, fall within the predicted stratigraphic level for the IETM.  Figure 2.9 shows 
the δ13C data with the non-excursion values within the stratigraphic range of the CIE 
removed.  This results in a somewhat smoother and less cluttered curve.  Figure 2.10 is 
developed in the same way as Figure 2.9, but is an average of δ13C valves from each soil 
horizon.  Here the data variability is smoothed and the peak at approximately 120.00m is 
reduced, but the average δ 13C value still falls within the excursion δ 13C range. 
Developing a chemostratigraphic section for the study area is difficult because of 
pedogenic processes and the condensed nature of the section.  However, all excursions in 
the Big Bend section are comparable in magnitude to those reported for the Bighorn 
Basin (Bowen et al., 2001; Koch et al., 1995), and their stratigraphic occurrence is 
constrained by both mammalian fossil data and magnetic polarity data. 
The stratigraphic location of the CIE in the Big Bend section also aids in the 
interpretation of previously studied mammalian fossil sites on Tornillo Flat.  The fossil 
locality at approximately 103.0m is coincident with the first negative carbon excursion 
(Fig. 2.2) that has been correlated to the earliest excursion reported by Bowen et al. 
(2001).  In the Bighorn Basin this stratigraphic level is tightly constrained by a 
Clarkforkian 3 (Cf-3) North America Land Mammal Age (NALMA) (Gingerich, 2001).  
Until the development of the stable isotope section in Big Bend this fossil site which had 
yielded a single taeniodont (Schiebout, 1974) was assigned an ambiguous NALMA of 
Tiffanian or Clarkforkian based on the fossil.  Now it can be confidently be considered 
equivalent to a Cf-3 NALMA. 
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Figure 2.9 – Isotope data from Big Bend National Park, TX with non excursion values 
removed from the stratigraphic range of the CIE. 
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 Figure – 2.10 Average isotope values for each paleosol horizon spanning the Paleocene/ 
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The stable isotope section in Big Bend can also be used to speculate on the 
migration and dispersal pattern of the genus Hyracotherium.  The first occurrence of any 
species of Hyracotherium in North America that can be tied to the IETM occurs in the 
Polecat Bench section located in the northern Bighorn Basin of Wyoming (Gingerich, 
2001, Bowen et al., 2001).  The lowest stratigraphic level in which Hyracotherium occurs 
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in the Polecat Bench section has been assigned a NALMA of Wasatchian zero (Wa-0) 
(Gingerich, 1989, 2001; Clyde and Gingerich, 1998).  The Wa-0 NALMA occurs within 
the carbon excursion and ends at approximately the same stratigraphic level at which 
δ13C values return to pre-excursion values.  This also marks the beginning of Wa-1 time 
which is identified by the presence of Cantius ralstoni, Haplomylus speirianus and 
Diacodexis metsiacus and the increased abundance of Hyracotherium grangeri 
(Gingerich, 2001). 
There is only one stratigraphically significant fossil that can be tied to the stable 
isotope section and it occurs at approximately 137m. It is Big Bend’s first appearance of 
Hyracotherium.  This site, called the South Wall site has been assigned a Wa-1 NALMA 
(Schiebout, 1974, Schiebout, 1995, Schiebout et al., 1987, Rapp et al., 1983).  This age is 
supported by the stable isotope stratigraphy.  It occurs in the section at an elevation where 
the δ13C values have returned to approximately pre excursion values.  Hyracotherium in 
Wyoming occurs during Wa-0 time and does not appear in Big Bend until Wa-1.  This 
may be a result of a north to south dispersal pattern for the genus Hyracotherium in North 
America, or a result of the rarity of fossils in the Paleogene of Big Bend National Park. 
Summary and Conclusions 
The IETM has been identified in the study area using chemostratigraphic 
methods.  It occurs in magnetic polarity chron C24r, and is bracketed by mammalian 
fossil sites.  The range in carbon and oxygen isotope ratios are between -13.240/00 to -
8.140/00 and -5.500/00 to -3.100/00 respectively.  Carbon and oxygen isotopic values do 
vary within paleosol horizons and within single nodules.  Within-horizon and within-
nodule δ18O variation is low and interpreted to represent the ancient δ18O composition 
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and soil temperature conditions during the precipitation of calcium carbonate and the 
formation of pedogenic nodules.  In addition, the variation in δ18O does not resemble 
what one would expect from burial diagenesis.  Varying isotopic signatures from single 
paleosol horizons or nodules are due to a long residence time at the Earth’s surface 
during periods of changing climatic conditions.  The resulting signature can said to be 
pedogenically overprinted or time averaged. 
The development of the stable isotope stratigraphic section in Big Bend has 
resulted in the identification of an additional earlier and less negative δ13C excursion, 
which occurs within the Cf-3 NALMA.  This excursion has also been identified in the 
Bighorn basin.  To date there has been no discussion in the literature on the possible 
causes of this early carbon excursion. 
The stable isotope section in Big Bend can also be used to aid in the interpretation 
of fossil occurrences within the Tornillo Basin.  A previously existing Ti or Cf NALMA 
site can now be established as equivalent to Cf-3.  In addition, the first occurrence of 
Hyracotherium in Big Bend is at a stratigraphic level above the CIE.  Hyracotherium first 
appears within the CIE in the Bighorn Basin of Wyoming.  This supports a north to south 
dispersal down through North America for North America’s first horses. 
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CHAPTER 3.  EARLY PALEOGENE PALEOSOLS 
Introduction 
This chapter presents new data that characterizes the early Paleogene paleosols 
found in the Tornillo Formation of Big Bend National Park.  The morphology, 
mineralogy and geochemistry of these paleosols are examined and the factors that 
influenced pedogenesis are discussed. In addition, soils that formed during the ICE and 
the associated IETM are compared to those that formed earlier in the latest Paleocene to 
investigate the possible affects that this ancient global warming event may have had on 
pedogenesis in the study area. 
Methods 
A series of stacked paleosols (Fig. 3.1) that formed prior to the ICE was examined 
in detailed to describe its morphology.  Samples were also collected from this section for 
mineralogical and geochemical analyses.  This was also done for a series of paleosols that 
are located within the stratigraphic range of the ICE (Fig. 3.2) and four typical black 
paleosols (Fig 3.3.).  The sample elevations within the sections of these samples are given 
in Appendix B. 
The mineralogy of paleosols (n = 27) and carbonate nodules (n = 8) was 
determined by X-ray diffraction (XRD) analysis of randomly oriented powders on a 
Siemens D5000 system using Cu Kα radiation.  Samples were powdered in a mortar and 
pestle and then micronized to reduce the grain size below 35µm.  Oriented samples were 
used to determine the mineralogy of the clay fraction (< 2um).  Qualitative mineral 
identifications were made following the methods described by Moore and Reynolds 
(1997). 
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 Figure 3.1 - Horizonation of a series of stacked B and E horizons (pick is 35cm long).     
k = carbonate nodules, ss = slickensides, g = gleyed (mottled). 
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Figure 3.2 – Paleosols within the lower part of the ICE. 
 
 
Black Paleosol (Layer G) 
Figure 3.3 - Typical black paleosol found in the study area.  This paleosol is Layer G, the 
uppermost black paleosol found in the study area. 
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Figure 3.4 - X-ray diffraction pattern for air dried (Air), ethylene glycol solvated (EG) 
and heat treatments (300ºC and 500ºC) showing d-spacing for clay mineral interpretation. 
 
Figure 3.4 demonstrates the qualitative procedure using air-dried, ethylene glycol 
solvated (EG) and heated treated samples that was used to identify clay minerals.  The 
primary clay minerals identified where smectite, kaolinite and illite.  The EG treatment 
produced a peak near 5.2° 2θ and shifts to 6.0° 2θ (15.0 Å) in the air-dried pattern, which 
is typical of smectite.  The presence of smectite is confirmed with the collapse of the 
peak to 10.1 Å after a heat treatment to 300°C.  Illite was identified by the presence of a 
peak at approximately 8.8° 2θ (10.1Å).  Kaolinite was identified by a peak at 12.3 ° 2θ 
(7.2 Å) in the air-dried, EG and 300°C diffraction patterns and the final collapse of this 
peak in the 550°C pattern. 
Accessory minerals also present in paleosols are quartz, feldspar and calcite.  
Their identification in XRD patterns is shown in Figure 3.5 and follows the procedures 
outline by Moore and Reynolds (1997).  Quartz was identified by the presence of 
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prominent peaks at 20.8° 2θ  (4.27 Å) and 26.7° 2θ (3.3 Å).  The most intense peaks for 
feldspars occur between 26.75 and 28.05° 2θ.  Within this range the most intense feldspar 
peak occurs at 27.95° 2θ (3.2 Å) which is typical of either albite or anorthite.  In addition, 
to the peak at 27.95° 2θ there is a peak at 22.05° 2θ that suggests that the plagioclase 
present is albite. 
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Figure 3.5 - Bulk X ray pattern showing the d-spacing used in the identification of quartz, 
plagioclase and calcite 
 
The mineralogy of calcium carbonate nodules was also examined and the 
identification of the minerals present is shown in Figure 3.6.  Calcite was identified by 
peaks at 23.0º 2θ (3.86Å), and 29.4º 2θ (3.04Å).  Peaks at 20.5º 2θ (4.42Å) and 25.9° 2θ 
(3.44Å) indicate the presence of barite in some carbonate nodules. 
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Figure 3.6 - XRD pattern of a carbonate nodule showing the d-spacing for the 
identification of calcite and barite.  Barite is not present in all nodules. 
 
Minerals found in black mudstone that are present in mottles or associated with 
fossilized wood were also identified using XRD methods.  Gypsum was identified by 
peaks 11.58º 2θ (7.61Å), 20.68º 2θ (4.28Å), and 29.12º 2θ (3.07Å).  Peaks at 14.88º 2θ 
(5.95Å), 17.54º 2θ (5.06Å) and 28.62º 2θ (3.12Å) indicate the presence of natrojarosite 
(Figure 3.7).   
Molecular weathering ratios were used (e.g. iron versus aluminum) and were 
calculated by dividing the weight percent of an oxide by its molecular weight.  The 
percent of each clay mineral present within the clay fraction was calculated quantitatively 
following the method outlined in Moore and Reynolds (1997). 
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Figure 3.7 - XRD pattern showing the d-spacing for the identification of gypsum and 
natrojarosite in black paleosols. 
 
Major and trace element analyses (n=43) were performed on a Perkin Elmer 
3300DV dual view optical emission inductively coupled plasma spectrophotometer. 
Samples for major and trace element analyses were treated in an acetic acid solution of 
pH 5 at 95°C to remove carbonate (Strickler and Ferrell, 1989).  Treatments were 
continued until the samples showed no reaction with a 1M solution of hydrochloric acid.  
This was done to insure that the calcium was from silicate minerals only, when 
calculating the chemical index of alteration.  The chemical index of alteration (CIA) was 
used to measure the degree of chemical weathering (Nesbitt and Young, 1982; Nesbitt 
and Young, 1984 and Fedo et al., 1995 ).  CIA values are calculated using the equation : 
CIA = [Al2O3/(Al2O3 + CaO* + Na2O + K2O)] x 100  
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where CaO* is the amount of CaO in the rock from silicate minerals.  The calculation is 
done using the molecular proportions of the oxides. 
The area under the curve of a specific clay mineral was determined using MacDiff 
3.2 (Petschick, 1997).  Only EG samples were used because of a predicted high smectite 
content.  This insures a relatively constant expansion of this swelling clay and controls 
peak intensities.  When calculating the area under the curve, only the area under the most 
symmetrical half of the peak was calculated and multiplied by two for the final percent 
calculation. 
Total organic carbon content was performed at the Louisiana State University 
AgCenter in the Soil Testing and Plant Analysis Laboratory.  A one gram sample was 
reacted with 10ml of 1 N K2Cr2O7 and then 20ml of concentrated sulfuric acid for two 
hours.  The sample was then mixed with 90ml of water and allowed to equilibrate for 16 
hours.  The total organic matter present was then read on a colorimeter. 
Grain size was preformed at the Department of Coastal Studies at Louisiana State 
University.  The samples were dispersed using a 0.05% sodium metaphosphate solution.  
Percent clay size particles was determined using a Mictromerics ET-5100 Sedigraph 
following the procedure outlined by Coakley and Syvitski (1991). 
 
Paleosol Color, mineralogy, Features and Geochemistry 
Fastovsky and McSweeney (1987, 1991), Bown and Kraus (1981), Kraus (2001), 
and Retallack (1994, 1997,1999) are just a few of the many authors who have provided 
the basis for interpreting paleosols, changes in ancient pedogenic processes, and what 
they may tell us with regard to climate change, sea-level change, or basin dynamics.  This 
study follows the approach of Fastovsky and McSweeney (1987), in that it does not try to 
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identify paleosols using the modern soil classification systems, because the processes that 
formed these ancient soils may no longer exist or the soils themselves may be extinct 
(Retallack, 1981; Lehman, 1989).  It looks at stratigraphic changes in paleosol 
morphology and mineralogy and geochemistry, and attempts to link these changes to a 
possible cause. 
The fluvial Black Peaks and Hannold Hill Members of the Tornillo Formation in 
the study area are comprised of over 60% mudstone, which occurs mainly as stacked red 
and black layers that have been interpreted as paleosols (Schiebout, 1974, 1995).  This 
cumulative stacking of paleosols results from the addition of sediment by successive 
overbank flooding events (Kraus and Gwinn, 1997).  Below are descriptions of common 
pedogenic features found in Big Bend paleosols and their interpretation, as well as 
paleosol mineralogy and geochemistry. 
Soil-Forming Factors 
Climate, topography, time, biology and parent material are the five factors that 
affect pedogenesis (Jenny, 1941).  The goal of this paper is to investigate the possible 
effects that an ancient global warming event had on pedogenesis, so the effects of the 
other four factors need to be ruled out.  Big Bend paleosols in the study interval formed 
on a floodplain (Schiebout, 1995).  Floodplains are areas of low relief so the effects of 
changing topography can be ruled out.  C3 plants dominated the floral composition of 
North America until the Miocene (Wang et al., 1993, 1994; MacFadden and Cerling, 
1996 and Wing, 1998).  The section being examined is Paleogene, therefore the 
biological factor can be ignored, because there was no change in plants during the 
interval studied.  Time is not an issue because all the soils share basic morphological and 
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mineralogical characteristics so we can assume each paleosol represents an equal amount 
of time (White and Schiebout, 2003).  Schiebout (1974) and Lehman (1991) do not report 
any significant change in source material in the section being examined and a plot of 
TiO2 and Zr (Fig. 3.8) from paleosols that formed prior to and during the IETM, form a 
fairly tight cluster, which suggests no change in parent material. 
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Figure 3.8 – TiO2 vs. Zr plot showing a tight grouping of soils that formed before and 
during the initial Eocene thermal maximum.  The tight grouping, with the exception of 
two outliers, suggests that all paleosols formed on a common parent material. 
 
Carbonate Nodules 
Results 
Nodules range in size from 0.50cm to several centimeters.  Micrite, spar, and 
quartz are the major components of the nodules, with rare occurrences of barite and 
plagioclase.  Figure 3.9F is a photomicrograph of a typical carbonate nodule from a red 
paleosol.  There is a plagioclase grain surround by micrite.  Figure 3.9G, illustrates the 
preservation of oxidized iron in a carbonate nodule.  X-ray diffraction methods were also 
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used to identify the mineralogy of carbonate nodules and are shown in Figure 3.6.  
Carbonate nodules are very rare to absent in black paleosols. 
Interpretation 
Carbonate nodules are abundant in most red paleosols in the early Tertiary of Big 
Bend and may have formed under dry conditions as evidenced by the red oxidized color 
of the paleosols and ferric iron preserved within the nodules (Kleinert and Strecker, 2001; 
Therrien and Fastovsky, 2000).  The presence of carbonate nodules is often cited as 
evidence for an arid to semi arid climate (Kleinertand and Strecker, 2001; Therrien and 
Fastovsky, 2000 and Retallack, 1990).  In their study of the precipitation of calcium 
carbonate and formation of discrete carbonate nodules, Ryskova et al. (1999) clearly 
demonstrate that one of the controlling factors is soil moisture.  The results of Ryskova et 
al. (1999) shows that a soil must not only be supersaturated with carbonate but it must 
also be water saturated.  Therefore, the presence of carbonate nodules is not indicative of 
a semi arid to arid climate.  In Big Bend, the carbonate nodules most likely formed during 
the wet season as the ground water level rose as evidenced by the redox mottling of B 
and E horizons.  The iron oxide within the nodule records the dry season when calcium 
carbonate was not forming within the soil profile. 
The rarity of carbonate nodules in black paleosols is due to the oxidizing phase of 
these ancient acid sulfate soils (White and Schiebout, 2003).  During this phase carbonate 
may partially or completely neutralize the pH and gypsum is formed (Doner and Lynn, 
1998). 
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Soil Horizons 
Results 
The most common soil horizons identified in the study area are B and E horizons 
(Soil Survey Staff, 1998).  C horizons are less common and no A horizons have been 
identified in red paleosols.  Carbonate nodules are abundant in most red paleosols and are  
Bk horizons.  Paleosol horizons with redoximorphic features are Bg horizons and, where 
slickensides are present, they are designated as Bss horizons.  In addition, many horizons 
show more than one pedogenic feature.  For example, a soil horizon with carbonate 
nodules and slickensides would be a Bkss horizon.  Coarser grained horizons above B 
horizons, which are lighter in color, are E horizons.  Their coarser texture suggests that 
clays have been translocated to the underling B horizon.  This is also shown in the grain 
size data (Fig. 3.18 and 3.19).  The clay content increases downward through stacked E 
and B horizons.  In addition, mottles from the underlying B horizon extend up into E 
horizons.  Figures 3.1 and 3.2 illustrate the stacking of B and E horizons in red paleosols. 
It is difficult to visually identify soil horizons in the black paleosols, but the grain 
size data (Fig. 3.20) shows that there are fluctuations in the amount of clay from 40% to 
85%.  It is possible that the sections with lower clay content may be Ass horizons and the 
layers of increased clay may be Bss horizons.  These thick black layers do not represent a 
single pedogenic event as was interpreted earlier by White and Schiebout (2003), but 
represent several distinct soils made up of both A and B horizons. 
Both pre IETM and IETM paleosols have the same soil horizons, but there are 
notable differences in the colors, mineralogy, soil structures, and geochemistry.  These 
differences and their interpretations are discussed below. 
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Color 
Results 
 
Soil color is either a reflection of the original colors of the soil parent material or 
a result of the reduction or oxidation of iron in part or all of the soil.  Once reduction has 
taken place, it is followed by oxidation and the precipitation of iron oxides (Fanning and 
Fanning, 1989).  Fe (II) is soluble and leaches or diffuses within the soil profile or 
leaches totally through the soil.  The process above results in soil redoximorphic features 
or mottles.  The area of the soil where iron has been removed is commonly a low chroma 
gray, and where the iron has accumulated is typically a high chroma rust color, such as 
red.  Redoximorphic features, such as mottling in modern soils as well as paleosols, have 
been attributed to endosaturation in response to a fluctuating groundwater table 
(Duchaufour, 1982; Fanning and Fanning, 1989; Pipujol and Buurman, 1994,1997; 
Therrien and Fastovsky, 2000).  Other constituents that color soils are manganese oxides 
(black), jarosite (yellow) and colored clay minerals. 
Red paleosols that formed before and after the ICE in both the Black Peaks and 
Hannold Hill Members have colors with hues that range from 2.5YR to 5Y/R, with 
values from 2.5 to 3 and a chroma of 3.  Redoximorphic features are common in these 
soils and areas of the soil that have been depleted of iron are gray or light pink           
(Fig. 3.9A).  They range in size from a few millimeters to tens of centimeters and occur 
as root halos and large mottles.  Redox features occur in B and E horizons.   
The colors of B horizons in soils that formed during the ICE are 10R 3/1, 10R 
2.5/1 and are similar to those reported for paleosols that formed prior to the ICE.  E 
horizons are either 5 YR 5/1 or 5 YR 6/1 (Fig. 3.2).  These colors are more drab and 
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washed out looking than the reddish brown color reported for pre ICE paleosols.  ICE 
paleosols are also well mottled but in some horizons they are absent or reduced. 
Six stratigraphically distinct black paleosols (hue 5YR; value 2.5; chroma 1) 
occur in the Paleocene Black Peaks Member on Tornillo Flat.  Black paleosols are absent 
in the overlying Eocene Hannold Hill Member (Schiebout et al., 1987).  Two field tests 
using the application of hydrogen peroxide and sodium citrate-bicarbonate-dithionite 
resulted in a vigorous reaction and a color change, indicating the presence of manganese 
oxide (Fanning and Fanning, 1989) in black paleosols.  Organic material has been 
identified in the black paleosols (Figs. 20 and 21). 
Interpretation 
Most paleosols in Big Bend have abundant redoximorphic features (Fig 3.9A), 
and they are interpreted to result from ground water saturation in response to a seasonally 
fluctuating water table.  Their dark red color also suggests that these soils were 
seasonally well drained. (Kraus, 2001; Duchaufour, 1982).  The drab colors reported for 
the E horizons of ICE paleosols results from the removal of iron.  This also suggests that 
iron has been removed and translocated to the B horizons lower in the section.  Increases 
in the translocation of iron may indicate that episaturation was more important than 
endosaturation which has been reported to be significant in earlier Paleocene paleosols in 
Big Bend (White and Schiebout, 2003).  Precipitation in the area may have increased 
during ICE, explaining the depletion of iron and its removal from E horizons. 
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 Figure 3.9 - Pedogenic features found 
in Big Bend paleosols.  (A) Prominent 
redoximorphic feature from a red 
paleosol.  (B) Sub angular blocky peds 
in a red paleosol (pencil is 12cm long).  
(C) Large slickensides in a black 
paleosol (hammer is 30cm long).  (D) 
Gilgai micro-relief in a red paleosol 
(view is 12m across).  (E) Desiccation 
ped from a black paleosol.  (F) 
Photomicrograph of plagioclase in a 
micritic carbonate nodule (crossed 
polars).  (G) Iron oxide preserved in a 
micritic carbonate nodule (reflected 
light). 
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With an increase in rainfall the height of the water table within the area may have 
increased.  This could cause reducing conditions to extend higher into E horizons, thus 
increasing the mobility of iron and subsequent translocation to lower horizons.  Iron over 
aluminum ratios (Fig. 3.19) of the E horizons of ICE paleosols indicate a decrease in iron 
compared to iron/aluminum ratios of pre ICE paleosol E horizons (Fig. 3.18).  This 
supports the interpretation of an increase in the height of reducing conditions in ICE 
paleosol E horizons and translocation of iron to underlying B horizons. 
The black color of some Paleogene paleosols in Big Bend may result from the 
presence of manganese oxide and organic matter.  The amount of manganese in black 
paleosols (1.2 to 1.6 wt%) is not greater than the amount found in red paleosols (1.0 to 
1.7 wt%).  This suggests the presence of organic matter in the black paleosols may be 
more important for their color than the presence of manganese.  White and Schiebout 
(2003) have interpreted these black paleosols as ancient acid sulfate soils based on the 
presence of natrojarosite and gypsum.  During the reduction phase in the development of 
an acid sulfate soil, iron and sulfur can combine to form several minerals such as pyrite 
(FeS2), mackinawite (Fe9S8), greigite (Fe3S4) and amorphous FeS (Doner and Lynn, 
1989).  The presence of amorphous FeS produces a black color.  Therefore, in addition to 
the presence of manganese oxide and organics the black color may result from 
amorphous FeS that was not oxidized during the acid phase. 
Paleosol Mineralogy 
Results 
Figure 3.10 shows X-ray patterns of whole rock samples from a typical series of 
stacked B and E horizon of a pre ICE red paleosol that are shown in Figure 3.1. 
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The clay minerals present are smectite and kaolinite.  Illite is also present (Fig. 3.11).  
Other major minerals in red paleosols are quartz, plagioclase and calcite.  The mineralogy 
is uniform throughout this section of stacked B and E horizons in red paleosols.  The clay 
fraction (< 2mu) through the same stack of E and B horizons of the red paleosols is also 
uniform (Fig. 3.11).  The results of the quantitative clay mineral analysis (Table 3.1) 
indicate that the most abundant clay mineral is smectite (96 to 98%) with smaller 
amounts of illite (1 to 2%) and kaolinite (1 to 2%). 
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Figure 3.10 - XRD patterns of bulk randomly oriented samples from a series of stacked B 
and E horizons.  See Figure 3.1 for a photograph and descriptions of the seven horizons. 
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Figure 3.11 – Clay fraction XRD patterns (EG) of stacked red paleosols that are shown in 
Figure 3.1.  Samples and stacking sequence is the same as in Figure 3.10. 
 
Table 3.1 - Percentages of the clay minerals present in Big Bend paleosols. 
Sample # % Illite/Smectite % Ill ite %Kaolinite
Pre IETM Red Paleosols
J3-01 96.3 2.0 1.7
J3-02 96.5 1.6 1.9
J3-03 97.3 0.9 1.7
J3-04 96.0 1.8 2.1
J3-05 97.6 0.9 1.4
J3-06 97.0 1.3 1.7
J3-07 97.9 0.8 1.3
IETM Red Paleosols
B6-01 98.6 0.2 1.2
B6-03 97.8 0.2 2.0
B6-05 83.0 0.2 16.8
 
The mineralogy of paleosols that formed during the ICE is similar to that of the 
paleosols that formed immediately prior to the IETM.  Whole rock X ray patterns 
indicated the presence of smectite, illite, plagioclase, quartz and calcite (Fig. 3.12), but 
the peak intensities indicate changes in the relative abundances of some minerals 
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compared to pre ICE paleosols.  Calcite peaks are very low in intensity in ICE paleosols 
and in one case the intensity of the plagioclase peak is decreased. 
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Figure 3.12 - Whole rock X-ray pattern of three paleosol horizons that formed during 
the ICE.  The mineralogy is similar to pre ICE paleosols but the calcite peak is absent 
and in the upper horizon the plagioclase peak is reduced. 
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Figure 3.13 - X-ray patterns of the clay fraction of three paleosol horizons within the 
ICE.  Smectite is the most abundant clay mineral present but the upper horizon shows an 
increase in the intensity of the kaolinite peak. 
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Figure 3.14 - Comparison of whole rock X ray patterns of paleosols that formed prior to 
and during the IETM.  Note that in the IETM paleosol the intensity of the calcite peak is 
greatly reduced. 
As in pre ICE paleosols, the clay fraction of paleosols that formed during the ICE 
is dominated by smectite (83 to 98%).  Illite makes up a minor component (0.2%).  The 
most significant change is in the amount of kaolinite present in one of the ICE paleosol 
horizons.  In the lower two of the three horizons analyzed, the kaolinite accounts for 
approximately one to two percent of the clay minerals present.  In the upper horizon the 
amount of kaolinte increases to 17% (Table 3.1). 
Figure 3.15 is the whole rock X-ray pattern from a typical Big Bend black 
paleosol and Figures 3.16A and B are the clay fraction.  The clay fraction of the black 
paleosols is also dominated by smectite, but the smectite peaks of the black paleosol are 
more pronounced and have an average coefficient of variation of 0.705 (Fig. 3.16B), 
indicating a discrete smectite with no illite interlayering (Moore and Reynolds, 1997).  
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Smectite accounts for 97.6 to 99.5% of the clay minerals present and kaolinite makes up 
the remainder of the clay fraction (Table 3.1).  In the whole rock X-ray pattern for the 
black paleosol (Fig. 3.15), peak intensities for calcite and plagioclase are reduced or 
absent.  Natrojarosite and gypsum are also present in the black paleosols (Fig. 3.7).  
Natrojarosite is found either as mottles or associated with poorly preserved wood.  
Gypsum is also found associated with fossilized wood and as stringers or along the 
surfaces of slickensides. 
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Figure 3.15 - Whole rock X ray pattern of a typical black paleosol.  Note the pronounced 
smectite peak at 6.0º 2θ (17.0Å) and the reduced intensities for the calcite and plagioclase 
peaks relative to the red paleosols. 
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Figure 3.16 – A)  Treatment X ray patterns of a typical black paleosol (Air = air dried, 
EG = ethylene glycol, and heat treatments at 300°C and 550°C).  Note the presence of a 
small peak at 12.4 and its collapse when heated to 550ºC indicating the presence of 
kaolinite.  B)  Clay fraction XRD patterns of black paleosols (EG).  The average 
coefficient of variation for smectite d-spacing is 0.705 indicating a discrete smectite 
without illite interlayering. 
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Interpretation 
Smectite is the most abundant clay mineral present in both red and black 
paleosols within the study area.  This is not surprising, because today smectite is a 
dominant clay mineral in many types of soils that are forming under several different 
types of climatic conditions. 
Illite is not very abundant in any of the paleosols in the study area and is 
interpreted to be part of the soil parent material and not a result of pedogenesis.  
Illitization of smectite is commonly cited as a process that involves increases in both 
temperature and pressure (Srodon, 1999, Fanning et al., 1989).  Illitization can occur 
under low temperatures with wetting and drying cycles and low to neutral pH (Srodon, 
1999 and references therein).  The wetting and drying cycles rearrange the layers, which 
results in a concurrence of octahedral cavities with interlayer space and the association of 
potassium cations.  Other authors have used this mechanism to explain the presence of 
illite/smectite in soils, but it has not been rigorously evaluated and is yet to be proven 
(Srodon, 1999).  Red paleosols do show evidence of wetting and drying cycles, but the 
presence of illite in these ancient soils is best explained by it being a part of the parent 
material.  It is unlikely to have resulted due to burial diagenesis, because Paleogene 
deposits in the study area were never buried deeper than one and a half to two kilometers 
(Lehman, 1991; Nort et al., 2003 and Atchley et al., 2004).  Illitization starts to take place 
at approximately 60°C and considering the average gothermal gradient, paleosols in the 
study area were never buried deeply enough for the process to take place. 
Kaolinite is common in modern soils as either a remnant of the parent material or 
a result of pedogenesis (Dixon, 1989; Srodon, 1980 and Srodon, 1999).  It is possible that 
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the kaolinite found in Big Bend paleosols could have resulted from pedogenesis, or it is 
just as likely to have been a part of the parent material.  The percent of kaolinite is 
uniform in both B and E horizons in red paleosols that formed prior to and during the 
IETM with one exception.  In the upper part of a thick E horizon within the lower portion 
of the ICE the amount of kaolinite increases to 17%.  The increase is significant when 
compared to soils that formed lower in the section.  This increase is interpreted to be 
pedogenic in nature. 
Bowen et al. (2004) have shown that during the IETM a more humid climate must 
have been present to sustain the increased temperatures that existed during this ancient 
global warming event.  Increased humidity as well as increased levels of CO2 in the 
troposphere would have also exsisted the soil (Bowen et al., 2004).  The increase in water 
and CO2 in the weathering zone would increase the amount of carbonic acid in the soil 
and may have decreased soil pH enough to cause the pedogenic alteration of smectite to 
kaolinite.  The transformation of smectite to kaolinite has been reported for laboratory 
experiments at room temperature and pressure during a time period of three to four years 
(Borchardt, 1989).  Therefore, it seems likely that during the IETM with its associated 
increase in humidity, soil conditions changed which encouraged the transformation of 
smectite to kaolinite. 
There is also other mineralogical evidence that suggests that within the ICE, soil 
pH conditions decreased.  Whole rock X ray patterns of soils that formed during the 
IETM (Fig. 3.14) indicate a relative loss of calcite and possibly plagioclase when 
compared to soils that formed prior to the IETM.  A decrease in the amount of calcite and 
plagioclase in IETM soils indicates a lower pH for these soils.  An increase in the amount 
 58
of kaolinite and a decrease in calcite in soils that formed within the ICE indicate moister 
soil as well as lower soil pH conditions during the IETM. 
The mineralogy of black paleosols is different from that of the more abundant red 
paleosols.  Titanium versus zirconium ratios indicates that these two very different soils 
formed from the same parent material.  Whole rock X ray patterns of black paleosols 
show greatly reduced peak intensities for calcite and plagioclase compared to red 
paleosols (Fig. 3.17).  The most abundant clay mineral present is smectite.  The 
dominance of smectite, an expandable clay, is reflected in the soil structures that are 
common is Big Bend paleosols.  A small kaolinite peak is also recorded.  The smectite 
peak of black paleosols is more pronounced and the coefficient of variation indicates a 
discrete smectite.  If these two very different soil types shared a common parent material 
the pedogenic conditions in which they formed under must has been very different. 
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Figure 3.17 – Whole rock X ray patterns of a typical black and a typical red paleosol.  
Note that in the black paleosol pattern the peak intensities for plagioclase and calcite are 
greatly reduced. 
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Two accessory minerals that are found in black paleosols that are absent in red 
paleosols and that suggest that black paleosols formed under different conditions are 
gypsum and natrojarosite.  The presence of these two minerals has been reported to 
indicate ancient acid conditions (Benison and Goldstein, 2002).  Gypsum and 
natrojarosite are common in modern day acid sulfate soils (Fanning and Fanning, 1989).  
The natrojarosite is an oxidation product of pyrite that formed during the initial reduction 
phase in the development of an acid sulfate soil.  Gypsum is formed during the oxidation 
of pyrite and the reaction of calcite with acid sulfate (Doner and Lynn, 1989). 
Black paleosols are interpreted to be ancient acid sulfate soils and indicate an 
increase in the input of sulfate into the basin, and a decrease in drainage through the 
basin, which caused reducing conditions and the formation of pyrite.  This reducing 
phase was later followed by an oxidizing phase and caused the formation of natrojarosite 
and gypsum.  During this time, drainage through the basin improved and the input of 
sulfate was reduce or ceased. 
Paleosol Structures 
Results 
Common soil structures in Big Bend paleosols are sub angular blocky peds, 
slickensides and Gilgai micro-relief (Fig. 3.9B, C and D).  In modern soils these features 
form as a result of shrinking and swelling in response to cycles of wetting and drying 
(Fanning and Fanning, 1989; Dudal and Eswaran, 1988).  The development of these 
features is also dependent on the clay content and clay mineralogy of the soil (Dudal and 
Eswaran, 1988).  In modern soils with a high smectite content, features such as micro-
highs and micro-lows (Gilgai micro-relief), and slickensides are common                
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(Dudal and Eswaran, 1988).  IETM paleosols have similar soil structures as pre IETM 
paleosols.  The only difference is an absence of slickensides in some IETM B horizons. 
Interpretation of Paleosol Strutures 
There are at least two explanations for the absence of slickensides in the B 
horizons of some IETM paleosols.  The first possible cause is a decrease in the amount of 
shrinking and swelling the horizons underwent.  These soils show evidence for increased 
leaching and hydrolysis reactions, so there was still a seasonally wet period.  In addition, 
the dark red color of the soils indicates well drained conditions and a dry season.  
Therefore, the two climatic conditions required to develop slickensides, a wet and dry 
season, remained unchanged during the formation of these paleosols.  The alternative is 
an overprinting of E horizon characteristics on to the B horizons caused by an increase in 
the affective depth of leaching, hydrolysis reactions, and the translocation of clays.  There 
is a decrease in the percent of clay size particles in some of the paleosol B horizons that 
lack slickensides (Fig. 3.19) and this lends support to this alternative hypothesis. 
Rare nodular peds are found in Big Bend black paleosols and show a 
concretionary growth pattern (Fig. 3.9E).  These peds are interpreted to represent 
desiccation peds like those observed in present day Louisiana soils (W. Hudnall, pers. 
comm.). 
Paleosol Geochemistry 
Results 
In order to identify pedogenic alteration in paleosols, many paleopedologists take 
advantage of the same molecular weathering ratios that are used in modern soil science 
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(Retallack, 1990, 1994; Terry, 2001; Lee et al., 2003; Sheldon et al., 2002 and Sheldon, 
2003).  These ratios are used to identify the degree of chemical alteration these ancient 
soils have undergone, when they were active at the Earth’s surface (Jenny, 1941; 
Retallack, 1990).  The ones used in this study reflect the chemical alterations that result 
from hydrolysis, which is the main chemical reaction for the dissolution of silicate 
minerals (Chesworth, 1973 and Terry, 2001).  It is unlikely that the elements are at their 
original concentrations, but the geochemical ratios derived from paleosols are 
comparative to the soils’ original chemistry, and the geochemical trends are most likely 
preserved (Terry, 2001).  The ratios used and their utilities are described below. 
During chemical weathering, calcium, potassium, and sodium are removed from 
feldspars, and ultimately clay minerals form (Nesbitt et al., 1982 and Fedo et al., 1995).  
The CIA is a good measure of paleo-weathering conditions, and it essentially monitors 
the progressive weathering of feldspars to clay minerals (Fedo et al., 1995 and 
Armstrong-Altrin et al., 2004).  Unweathered rocks ranging from mafic to felsic in 
compostion usually have a CIA value around 50 (Nesbitt and Young, 1984 and Fedo et 
al., 1995).  Accordingly, CIA values of 50 to 60 would incidate little to no weathering, 
values from 60 to 80 are intermediate, and values greater than 80 are considered to 
indicate extreme weathering (Fedo et al., 1995). A pure kaolinite would have a CIA value 
of 100 (Fedo et al., 1995). 
The degree of chemical weathering was investigated using two other molecular 
ratios.  Silica to aluminum ratios were used because they may reflect the pH of paleosol 
formation (Retallack, 1990).  Retallack (1990) reports the findings of Marbut (1935), 
who found that silica to aluminum ratios in alkaline soils range from 7 to 16, the ratio in 
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neutral soils is around 50, and in acidic soil it is around 130.  Bases to aluminum ratios 
can also be used to assess the degree of hydrolysis a soil has undergone.  In alkaline soils, 
the bases to aluminum ratio is greater than one (Retallack, 1990).  In acid soils, this ratio 
is close to zero (Retallack,1990).  Total iron to aluminum ratios were also calculated 
because they can reflect the former oxidation state of a paleosol (Terry, 2001 and 
Retallack, 1990).  In ferruginous horizons, this ratio is 1.2, 1.5 in red horizons and 1.9 in 
argilic horizons (Retallack, 1990 and references therein).  Most soils have a total iron to 
aluminum ratio of 0.4 (Retallack, 1990).  Oxidizing conditions usually develop in well-
drained soils with evidence of illuviation of clays and colors that range from red to brown 
to yellow, reflecting the presence of goethite and hematite.  Conversely reducing 
conditions develop in poorly drained soils that are usually green or black. 
Major and trace element data for Big Bend red paleosols are shown in Table 3.2 
and 3.3 and data for black paleosols are given Table 3.4.  Molecular weathering ratio 
trends in Big Bend paleosols are illustrated in Figures 3.18, 3.19, 3.20 and 3.21. 
Silica to aluminum ratios in pre IETM and IETM paleosols range from 7 to 12.6 
indicating alkaline conditions (Fig. 3.18 and 3.19).  A comparison of the downward tend 
in the silica to aluminum with the percent clay trend indicates that these two ratios co-
vary (Figs. 3.18 and 3.19).  As the percent clay increases, the silica to aluminum ratio 
decreases.  This reflects the translocation of clays from E horizons down to B horizons.  
In other words, the silica to aluminum ratio is higher in the clay-depleted E horizons.  
The only difference in the silica to aluminum ratios between paleosols that formed prior 
to or during the IETM is a decrease in the ratio at the top of an upper E horizon in the 
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IETM section.  This difference is a reflection of the increase in the amount of clay and 
the increase in the amount of kaolinite in the clay fraction in this E horizon. 
The bases to aluminum ratio trends in the stacked red paleosols mimic that of the 
silica to aluminum ratio.  This ratio is higher in E horizons and indicates the presence of 
unweathered silicate minerals, and it is lower in the relatively clay rich B horizons.  The 
trends in bases to aluminum ratios in IETM paleosols are somewhat different than the 
trend in pre ITEM paleosols.  In the lower part of the IETM section there is no significant 
change in the bases to aluminum ratios through a series of E and B horizons.  In addition, 
in the upper E horizon, the ratio is lower than in the underlying B horizons. 
It is surprising that the total iron to aluminum ratios are low compared to the 
values reported by Retallack (1990).  These soils have red B horizons and one would 
expect higher ratios, but the overall trend in both pre- and IETM paleosols is that the ratio 
is higher in the red B horizons and lower in the drab E horizons. 
The trend in the CIA values mimics the percent clay and total iron to aluminum 
trends and co-varies with the SiO2/Al2O3 and bases to aluminum trends.  These trends are 
to be expected, because a high CIA indicates an increase in weathering intensity and a 
resulting increase in clay minerals and clay size particles.  Therefore, as the CIA 
increases there should be an increase in base loss (i.e. an increase in the weathering of 
silicate minerals).  The increase in iron with increasing CIA values reflects the 
translocation of iron with the clay.  CIA values range from 62 to 73, in pre IETM 
paleosols which indicates moderate weathering conditions (Fig. 3.18).  IETM paleosols 
have CIA values from 67 to 82 that indicate moderate to intense weathering conditions 
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(Fig. 3.19).  In the upper E horizon of the IETM paleosol CIA values are higher than in B 
horizons in paleosols that formed prior to the IETM. 
Trends in the molecular weathering ratios of the black paleosols (Fig. 3.20), as 
well as their values, are similar to those of the red paleosols (Fig. 3.18).  Figure 3.21 
shows ratios from another black paleosol, but there are no grain size data so the 
discussion will be limited to the data presented in Figure 3.20.  The most significant 
differences between red and black paleosols are the CIA values.  The CIA’s for black 
paleosols range from 78 to 80, which is approaching the range for extreme weathering 
conditions.  This is also reflected in the percent clay data.  There is approximately 40 
percent clay in A horizons, and B horizons contain 70 to 80 percent clay size particles.  
Figure 3.22 is a TiO2/Zr vs. TiO2 for the black paleosol (Layer G).  The tight grouping of 
the data suggests no change in parent material within this series of stacked A and B 
horizons. 
Interpretation 
Silica to aluminum ratios are similar in pre ITEM and IETM paleosols with one 
notable difference.  Within an E horizon in the upper portion of the IETM section, the 
silica to aluminum ratio is more typical of B horizons (Fig. 3.19).  This indicates that 
there was an increase in the amount of hydrolysis reactions and an increase in 
pedogenically produced clay minerals.  This is supported by grain size data and the 
mineralogy.  The percent clay size particles for the upper portion of this E horizon is 
more typical of B horizons.  The clay mineralogical data show an increase in the amount 
of kaolinite (Table 3.1). 
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Table 3.2 – Geochemical data for pre IETM red paleosols from the late Paleocene of Big Bend National Park, Texas.  Oxides are 
reported in weight percent and trace elements are in parts per million. 
 
Sample ID Horizon Elevation (m) SiO2 Al2O3 MgO CaO Fe (tot.) K2O MnO Na2O P2O5 TiO2 Ba Co Cr Ni Sr Zn Zr CIA
PDW-M36-M Ekg 1.75 73.6 13.9 1.3 0.9 4.8 1.6 0.021 1.93 0.09 0.71 168.69 17.04 63.95 39.40 120.53 20.07 229.29 72.31
PDW-M34-M Ekg 1.65 75.3 13.0 1.0 0.9 3.9 1.3 0.021 2.29 0.17 0.73 187.05 10.90 56.05 29.32 136.54 4.40 281.81 70.63
PDW-M32-M Ekg 1.55 74.8 13.1 1.0 0.9 4.0 1.3 0.020 2.46 0.12 0.68 189.36 14.38 59.31 28.81 141.83 6.45 222.52 70.62
PDW-M30-M Ekg 1.45 76.0 13.4 1.1 1.4 4.3 1.5 0.030 1.78 0.18 0.69 201.93 16.20 47.67 28.59 148.17 50.20 213.88 72.17
PDW-M29-M Bkssg 1.40 69.4 13.9 1.4 1.0 6.8 1.6 0.024 1.73 0.15 0.72 137.14 19.72 47.54 51.93 97.78 179.35 199.02 68.57
PDW-M28-M Bkssg 1.35 70.9 14.4 1.4 1.0 5.7 1.7 0.022 1.59 0.15 0.76 127.97 18.86 51.61 28.08 89.48 87.82 175.84 66.08
PDW-M27-M Ekg 1.30 64.9 12.6 1.2 1.0 4.0 1.4 0.019 1.56 0.17 0.63 143.09 14.82 43.24 21.25 107.65 63.73 165.69 68.75
PDW-M26-M Ekg 1.25 71.7 13.4 1.2 1.2 4.6 1.5 0.027 1.80 0.21 0.72 153.97 16.92 52.96 48.09 115.55 69.68 204.29 67.75
PDW-M25-M Bkssg 1.20 69.2 14.6 1.5 0.7 5.7 1.8 0.020 1.53 0.07 0.77 119.03 18.93 59.99 25.87 79.25 41.01 170.16 65.83
PDW-M24-M Bkssg 1.15 73.9 14.0 1.3 0.8 5.3 1.8 0.025 1.71 0.12 0.73 159.02 15.65 55.61 26.12 103.24 51.31 206.42 64.49
PDW-M22-M Ekg 1.05 76.7 13.3 1.1 1.0 4.1 1.6 0.020 2.23 0.08 0.70 206.13 14.32 48.60 28.42 153.20 54.78 257.23 62.28
PDW-M20-M Ekg 0.95 78.4 13.1 1.0 0.9 3.6 1.4 0.021 2.73 0.12 0.68 226.32 13.95 53.30 33.82 168.31 211.60 256.23 63.75
PDW-M18-M Ekg 0.85 79.6 12.3 0.9 0.9 3.6 1.4 0.017 2.79 0.12 0.63 233.40 231.56 48.01 176.87 174.69 117.90 270.27 65.66
PDW-M16-M Ekg 0.75 77.5 13.0 1.0 0.9 3.7 1.5 0.021 2.65 0.19 0.70 211.41 14.94 46.70 27.24 143.90 244.81 233.00 70.33
PDW-M14-M Ekg 0.65 75.4 13.2 1.1 0.7 4.5 1.6 0.020 2.56 0.13 0.73 185.85 15.25 49.36 28.76 120.95 72.71 224.64 72.07
PDW-M13-M Bkssg 0.60 71.1 14.3 1.5 0.5 5.1 1.9 0.018 2.53 0.16 0.76 140.01 17.85 66.40 30.41 90.29 260.11 189.42 67.92
PDW-M12-M Bkssg 0.55 70.9 13.9 1.4 0.5 5.5 1.7 0.019 2.41 0.16 0.74 147.19 18.01 66.70 48.80 82.76 84.56 182.47 69.52
PDW-M10-M Bkssg 0.45 68.1 13.9 1.5 0.4 5.6 1.9 0.024 2.97 0.16 0.76 125.70 18.58 96.96 46.46 71.56 104.39 181.67 71.07
PDW-M08-M Bkssg 0.35 66.6 13.9 1.5 0.5 6.5 2.0 0.032 2.18 0.12 0.74 134.05 46.15 66.69 35.41 69.79 124.77 187.23 69.82
PDW-M06-M Bkssg 0.25 71.5 16.2 1.9 0.2 7.8 2.3 0.023 2.15 0.11 0.80 123.58 22.77 92.95 48.66 65.98 127.72 182.91 66.75
PDW-M05-M Bkssg 0.20 67.2 15.8 1.8 0.2 8.1 2.4 0.021 2.21 0.02 0.83 110.38 23.69 92.16 66.37 64.41 217.94 197.03 66.12
PDW-M03-M Bkssg 0.10 70.5 15.7 1.7 0.3 6.2 2.1 0.022 2.40 0.09 0.89 121.87 23.24 88.29 52.94 67.25 150.99 181.98 66.93
PDW-M01-M Bkssg 0.00 70.8 16.1 1.7 0.2 6.8 2.2 0.017 2.17 0.06 0.87 117.74 20.23 85.08 48.39 78.36 111.75 204.09 68.58  
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Table 3.3 – Geochemical data for paleosols that are within the range of the carbon excursion.  Oxides are reported in weight percent 
and trace elements are in parts per million. 
 
Sample ID Horizon Elevation (m) SiO2 Al2O3 MgO CaO Fe (tot.) K2O MnO Na2O P2O5 TiO2 Ba Co Cr Ni Sr Zn Zr CIA
PDW-Y126-M Ekg 3.7 78.80 15.09 0.63 0.11 2.86 0.61 0.008 1.46 0.17 0.58 99.36 12.96 47.20 34.40 39.85 45.92 238.92 82.23
PDW-Y125-M Ekg 3.3 84.39 12.53 0.78 0.14 3.24 0.91 0.010 1.77 0.35 0.61 266.77 16.90 54.83 37.09 61.88 65.75 207.37 75.18
PDW-Y124-M Ekg 2.9 81.27 11.88 0.85 0.18 2.37 0.89 0.008 1.67 0.34 0.63 142.93 15.69 52.84 41.33 58.24 59.41 212.41 74.86
PDW-Y123-M Bkg 2.3 83.24 11.85 0.80 0.24 3.17 0.62 0.010 1.80 0.31 0.62 118.40 16.25 54.07 35.27 49.06 53.86 178.56 74.88
PDW-Y122-M Bkg 2.09 75.25 13.84 1.17 0.41 5.37 1.44 0.018 2.38 0.29 0.84 157.03 20.51 86.11 61.55 84.79 103.56 365.52 69.68
PDW-Y121-M Ekg 1.84 77.91 13.68 1.05 0.52 5.06 1.30 0.016 2.20 0.31 0.81 152.52 18.69 63.44 51.53 82.15 65.90 342.43 70.36
PDW-Y120-M Ekg 1.63 81.38 12.36 0.86 0.48 3.17 1.01 0.021 2.51 0.20 1.07 195.19 20.53 97.52 77.09 115.13 45.35 599.89 67.53
PDW-Y119-M Bkssg 1.48 79.36 12.37 0.85 0.34 3.28 0.93 0.014 2.65 0.05 0.67 166.04 16.05 70.91 46.79 101.61 46.07 272.88 67.50
PDW-Y118-M Bkg 1.31 71.41 13.43 1.16 0.21 6.09 1.37 0.013 2.47 0.10 0.74 134.69 19.21 54.39 35.37 75.41 66.05 217.95 69.51
PDW-Y117-M Bkg 1.2 78.03 12.97 0.96 0.33 4.83 1.44 0.014 2.44 0.33 0.72 168.27 16.39 57.19 40.49 88.75 63.09 263.37 68.01
PDW-Y116-M Ekg 1 77.24 12.49 0.91 0.31 3.63 1.18 0.014 2.48 0.20 0.74 170.43 15.94 50.13 51.70 88.71 118.10 303.58 68.24
PDW-Y115-M Ekg 0.73 76.78 12.57 0.94 0.24 3.44 1.12 0.015 2.61 0.26 0.76 160.10 15.17 55.54 49.01 88.29 -1.55 355.61 68.60
PDW-Y114-M Ekg 0.53 78.57 10.63 0.68 0.39 2.95 0.62 0.038 2.42 0.12 0.94 447.98 15.57 76.91 75.08 110.68 13.82 548.01 66.99
PDW-Y113-M Bkssg 0.27 74.91 14.07 1.16 0.16 6.70 1.70 0.019 2.42 0.82 0.73 136.09 16.24 58.89 42.85 79.24 51.84 240.34 70.42
PDW-Y112-M Bkssg 0.15 74.62 12.91 0.97 0.20 4.15 1.49 0.012 2.23 0.30 0.68 154.21 13.22 49.96 53.13 71.92 54.56 294.61 69.82
PDW-Y111-M Bkssg 0 72.40 13.17 1.04 0.14 4.86 1.59 0.014 2.36 0.43 0.74 137.57 14.90 66.63 50.73 67.90 59.16 247.80 69.46  
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Table 3.4 – Geochemical data for two black paleosols from the late Paleocene of Big Bend National Park, Texas.  Oxides are  
reported in weight percent and trace elements are in part per million. 
 
Layer G
Sample ID Horizon Elevation (m) SiO2 Al2O3 MgO CaO Fe (tot.) K2O MnO Na2O P2O5 TiO2 Ba Co Cr Ni Sr Zn Zr CIA
PDW-Z90-M B 1.95 68.4 17.4 1.3 0.2 6.7 0.05 0.011 2.82 0.03 0.87 36.32 16.51 53.84 40.44 25.52 79.67 201.92 78.01
PDW-Z87-M A 1.80 72.1 18.4 1.4 0.3 5.9 0.05 0.011 2.86 0.03 0.92 42.50 15.00 58.04 52.17 30.50 90.33 229.62 78.08
PDW-Z83-M B 1.60 71.3 19.0 1.4 0.2 6.9 0.05 0.012 2.71 0.02 0.88 32.81 15.16 57.53 37.56 32.47 85.98 222.58 79.82
PDW-Z79-M B 1.40 66.3 17.5 1.3 0.2 5.7 0.06 0.011 2.59 0.03 0.87 55.09 14.62 61.41 37.17 36.28 52.50 232.19 79.26
PDW-Z75-M B 1.20 68.3 17.8 1.5 0.3 5.2 0.07 0.014 2.79 0.03 0.89 32.48 14.98 56.54 38.17 39.38 52.38 227.94 77.88
PDW-Z71-M A 1.00 67.9 17.4 1.3 0.3 5.1 0.09 0.009 2.66 0.03 0.86 37.28 14.48 51.16 28.32 37.48 68.99 210.30 77.86
PDW-Z67-M B 0.80 69.2 17.6 1.3 0.2 4.7 0.09 0.009 2.54 0.03 0.88 37.88 14.00 50.79 38.04 39.08 81.19 220.42 79.42
PDW-Z63-M B 0.60 69.2 17.9 1.3 0.2 4.9 0.08 0.010 2.40 0.04 0.86 40.12 15.09 58.16 40.69 34.27 78.43 228.51 80.54
PDW-Z59-M A 0.40 70.3 18.1 1.3 0.2 5.2 0.09 0.011 2.70 0.03 0.90 45.82 14.60 56.05 45.79 33.92 196.91 213.41 78.79
PDW-Z55-M B 0.20 72.4 18.4 1.3 0.2 5.4 0.10 0.010 2.91 0.04 0.95 57.10 13.44 63.24 39.44 41.76 145.31 229.20 77.81
PDW-Z51-M B 0.00 71.7 18.6 1.2 0.3 6.0 0.15 0.010 2.81 0.03 0.91 59.37 14.08 54.28 34.96 39.47 137.88 248.52 77.97
Layer F
PDW-Z34-M B 0.85 64.4 18.7 1.4 0.1 5.7 0.35 0.016 2.56 0.01 0.95 32.30 22.12 71.01 44.21 34.43 59.65 225.06 79.69
PDW-Z33-M B 0.80 64.8 18.7 1.4 0.2 4.8 0.17 0.011 2.64 0.02 0.97 27.30 22.78 82.87 52.53 39.39 74.59 216.61 79.71
PDW-Z31-M B 0.70 65.6 17.4 1.4 0.1 3.9 0.08 0.010 2.31 0.02 1.06 28.89 24.45 85.76 47.61 38.86 67.22 247.33 80.88
PDW-Z29-M B 0.60 68.2 18.1 1.4 0.2 4.2 0.08 0.011 2.28 0.01 1.16 34.22 24.89 65.82 52.36 52.56 81.90 261.02 81.25
PDW-Z25-M B 0.40 74.5 19.0 1.5 0.2 4.9 0.09 0.014 2.35 0.01 1.31 39.21 28.91 79.75 64.22 59.64 60.15 293.49 81.37
PDW-Z23-M B 0.30 67.0 17.4 1.4 0.2 4.5 0.09 0.014 2.13 0.01 1.16 80.12 25.87 74.29 52.94 59.32 64.48 263.78 81.53
PDW-Z21-M B 0.20 68.2 17.7 1.4 0.2 4.6 0.12 0.011 2.28 0.01 1.18 47.08 26.64 76.95 61.69 47.34 92.62 256.13 80.95
PDW-Z17-M B 0.00 68.1 18.3 1.6 0.2 5.8 1.01 0.013 2.08 0.02 0.92 217.50 25.35 82.32 45.73 64.03 44.56 207.57 79.02  
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Figure 3.18 – Paleosol morphology, grain size and geochemical data of a series of stacked red paleosols from the Tornillo Formation 
of Big Bend National Park, Texas.  Data is from the paleosols shown in Figure 1.
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                Redoximorphic features               Carbonate nodules       Slickensides 
 
Figure 3.19 – Paleosol morphology, grain size and geochemical data of a series of stacked red paleosols, that occur within the 
ICEfrom the Tornillo Formation of Big Bend National Park, Texas.  Data are from the paleosols shown in Figure 2. 
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Figure 3.20 – Paleosol morphology, grain size data and geochemical data of a black paleosol (Layer G, Schiebout, 1974) from 
the Tornillo Formation in Big Bend National Park, Texas. 
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Figure 3.21 – Geochemical data for a black paleosol (Layer F, Schiebout, 1974) from the Tornillo Formation in Big 
Bend National Park, Texas. (y axis is in meters). 
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Figure 3.22 – TiO2/Zr vs. TiO2 plot of black paleosol (Layer G). 
 73
There is also a decrease in the peak intensities for calcite and plagioclase (Fig. 3.14) as 
compared to pre IETM paleosols.  In addition, the bases to aluminum ratio for the upper 
part of this E horizon also indicates an increase in the removal of bases.  Moreover, 
extreme weathering conditions are reflected in CIA values in the upper part of the IETM 
paleosol section.  The molecular weathering ratios and CIA values suggest a change in 
pedogenesis during the IETM that could have resulted from an increase in humidity and 
carbonic acid in the soil.  The paleosols in the lower part of the IETM section show 
changes in pedogenesis.  Stacked E and B horizons have almost identical bases to 
aluminum ratios and CIA values.  This equality of weathering within horizons that should 
have a distinctive geochemical signature may have resulted from one or both of the 
following scenarios.  The translocation of clays from the upper part of the soil profile 
may have been accelerated by an increase in rainfall, with the development of well 
defined E and B horizons, but with minimal chemical weathering.  Pedogenic over 
printing is the second scenario.  These stacked E and B horizons may have been already 
developed prior to any significant change in climate and had a geochemical signature 
similar to pre IETM paleosols.  They were then subjected to increased weathering 
conditions and an increase in the effective depth of hydrolysis reactions and as a result, 
the buried B horizons were over printed with E horizon characteristics.  Either one of 
these scenarios is possible, as is the combination of the two.  In any case, they indicate an 
increase in the translocation of clay and hydrolysis reactions, both of which can be 
explained by an increase in humidity, rainfall and carbonic acid. 
The molecular weathering ratios of black paleosols for the most part only record 
the oxidizing phase of these ancient acid sulfate soils.  The silica to aluminum ratios as 
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well as the bases to aluminum ratios are very similar to those reported for the red 
paleosols.  This supports the idea that during the later stages of pedogenic development 
the black soils formed under similar climatic conditions as the red paleosols.  CIA values 
approach those that reflect intense weathering conditions.  The percent clay is also 
significantly higher in black paleosols.  Geochemical analyses indicate these soils had the 
same parent material as the red paleosols.  The increase in the amount of clay must be a 
direct result of increased weathering as suggested by the higher CIA values.  
Discussion 
Pedogenesis of Red Paleosols Prior to the IETM 
Slickensides and peds develop in response to the shrinking and swelling of clays 
due to cycles of wetting and drying (Dudal and Eswaran, 1988), but can form under 
climates with a pronounced dry season, with as little precipitation as 18cm/yr (Retallack, 
1990).  It seems probable that the pedogenesis of Big Bend red paleosols took place 
mainly under dry conditions as evidenced by their red color.  In addition to a mainly dry 
climate, seasonal rains must have occurred to develop slickensides, redoximorphic 
features and carbonate nodules.  Moreover, it is interpreted that these ancient soils 
formed in a topographic setting that was well drained.  Prominent redoximorphic features 
occur in B horizons and E horizons.  This suggests the presence of a high and seasonally 
fluctuating water table (Kleinertand and Strecker, 2001; Fastovsky and Dott, 1986).  The 
molecular weathering ratios also suppost the conclusions drawn from the morphology 
and mineralogy.  Bases to aluminum ratios indicate a loss of Ca, Na, Mg and K in well 
developed B horizons. This is also reflected in the grain size data as well as the silica to 
aluminum ratios and CIA values.  This suggests that for some part of the year significant 
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rains must have fallen to promote hydrolysis and the translocation of clays to the lower B 
horizons.  Total iron to aluminum ratios are consistently higher in B horizons, and along 
with the red color, suggest a well drained soil in addition to a seasonal dry period.  CIA 
values indicate moderate weathering with little variation within B and E horizons.  It is 
hard, if not impossible, to estimate the amount of time that these stacked soils represent, 
but during this part of the Paleocene the CIA values would indicate little, if any changes 
in climatic conditions. 
Black Paleosols 
Reduced peak intensities for calcite and plagioclase (Fig. 3.15), suggest that these 
ancient soils formed under conditions in which they were strongly leached.  The larger 
smectite peak and the coefficient of variation seen in black paleosols compared to the red 
paleosols indicate a discrete smectite.  Since these two different types of soils had the 
same parent material the increase in smectite must be pedogenic in origin.  This could be 
direct result of the leaching of plagioclase.  Smectite has been reported as the first 
weathering product of plagioclase (Glassmann, 1982).  Big Bend black paleosols are 
interpreted to have formed under very wet to saturated conditions punctuated by short dry 
periods which would have produced the slickensides.  It is possible that the desiccation 
peds formed during these short time periods.  In other words, the data suggest three 
stages of pedogenic development, first a period when the soil was wet, poorly drained 
and under reducing conditions, followed by a period of high acidity and intense 
hydrolysis, and finally followed by an oxidizing stage and climatic conditions that would 
promote the translocation of clays and the development of very large slickensides.  These 
later conditions were probably similar to those suggested for the red paleosols. 
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Stratigraphic Changes in Paleosols 
Red paleosols are the most common ancient soils in the Black Peaks and Hannold 
Hill Members of the Tornillo Formation and formed under mainly dry and well-drained 
conditions, but experienced some degree of seasonal wetting.  The most dramatic 
stratigraphic change in pedogenesis in the study area is the repetitive replacement of 
these red paleosols with black paleosols that formed under poorly drained and very wet 
conditions.  An increase in rainfall, a change in basin dynamics affecting drainage, a 
change in sea level also affecting drainage are all possible causes for this significant 
change in pedogenesis.  Lehman (1991), Davidoff and Yancey (1993) and Atchley et al. 
(2004) all report that during the late Cretaceous and early Paleocene, the coastline was at 
least 150km away and continued to fall during the rest of the Paleogene, with some short 
lived transgressive events, but late Cretaceous sea-levels were never reached (Dockery, 
1986).  If the coastline was 150km away, it seems unlikely that it would have any 
influence on drainage through the Tornillo Basin that would affect pedogenesis.  Lehman 
(1991) reports some changes in the source areas for Paleocene sediments in the Tornillo 
Basin, but the change is gradual and would be hard to identify in overbank deposits.  The 
sediment supplied from different sources throughout most of the Paleocene remained 
constant and suggests a constant parent material for Paleocene soils to form on.  Black 
paleosols fall close to red paleosols when plotted in TiO2/Zr vs. TiO2 space (Fig. 3.8).  
Although it is not conclusive, it does suggest a common parent material.  As a result the 
only other possibilities to explain this dramatic change in pedogenesis are changes in 
climate or changes in drainage due to changing basin dynamics or a combination of both.  
At this point it is not possible to discriminate between the two. 
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Changes in Pedogenesis during the IETM 
Bowen et al. (2004) have demonstrated that elevated temperatures during the 
IETM were sustained by an increase in moisture in the troposphere.  This increase would 
have been transferred to the weathering zone (Bowen et al., 2004).  In addition, the 
amount of CO2 in soil also increased in response to its increase in the atmosphere (Bowen 
et al., 2001 and 2004).  Increased levels of moisture and CO2 in the soil would have 
resulted elevated amounts of carbonic acid available for reaction as compared to pre 
IETM time. 
Notable differences in IETM paleosols, compared to pre IETM red paleosols, are 
an increase in the translocation of clays and iron, a decrease in the amount of calcite and 
possibly plagioclase, and a increase in the amount of kaolinite.  In addition, CIA values 
indicate more intense weathering during this time.  All of these differences can be 
explained by an increase in humidity, rainfall and an increase in carbonic acid in the soil.  
This study supports the findings of Bowen et al. (2004) that a moister climate existed 
during the IETM. 
It is clear that the IETM had its effects on pedogenesis in the study area, but it is 
interesting, that during this time an ancient black acid sulfate formed within the ICE.  
Therefore, the driving mechanisms behind this drastic change in the style of pedogenesis 
were greater than the effects of the IETM.  It seems apparent that the formation of these 
ancient acid sulfate soils is caused by more than a change in climate and suggests that a 
change in drainage through the basin may be the main factor leading to the development 
of the conditions that promoted the formation of these ancient acid sulfate soils. 
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Summary and Conclusions 
Red paleosols dominate the late Paleocene and early Eocene rocks of the study 
area.  They are characterized by dark red colors, commonly 2.5YR to 5Y/R with values 
from 2.5 to 3 and chromas of 3, and gray redoximorphic mottles and root halos.  
Slickensides and sub angular blocky peds are very common, as are pedogenic carbonate 
nodules.  Gilgai micro-relief is also preserved.  Smectite is the most abundant clay 
mineral.  Other minerals are quartz, calcite and plagioclase.  These soils formed under 
mainly well drained dry conditions with periods of seasonal wetting as evidenced by their 
red color, slickensides and well developed and leached E horizons.  Abundant and 
prominent redoximorphic mottling throughout B horizons and occasionally extending up 
into E horizons, as well as abundant carbonate nodules, suggest a seasonally high 
fluctuating water table.  
Black paleosols occur in the Black Peaks Member, but not the overlying Hannold 
Hill Member of the Tornillo Formation.  Their color is attributed to manganese oxide and 
organic carbon and possibly amorphous FeS.  Common pedogenic features are large 
slickensides and sub angular blocky peds.  Desiccation peds and carbonate nodules are 
very rare and occur in only one of the black paleosols.  Smectite is the dominant clay 
mineral and is more abundant than in the red paleosols.  X-ray patterns indicate that these 
paleosols have minor amounts of plagioclase and calcite.  The lack of these two minerals 
indicates leaching conditions and the increase in smectite is interpreted to be authigenic.  
It is most likely that the black paleosols formed under very wet and poorly drained 
conditions followed by a period of high acidity and finally oxidizing conditions. 
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Punctuated and dramatic shifts in the type of paleosols preserved are best 
explained by changing climatic conditions, changes in drainage through the basin due to 
basin dynamics, or a combination of both, but changes in parent material can not be 
totally ruled out.  Changes in paleosol color and grain size indicate an increase in the 
translocation of hematite and clay size particles during the IETM.  The absence of calcite 
and in some cases, the reduction of plagioclase in paleosols within the carbon excursion 
point to an increase in hydolysis reactions.  There is also evidence for an increase in the 
effective depth of hydrolysis reactions resulting in the pedogenic overprinting of E 
horizon characteristics onto underlying B horizons.  CIA values for paleosols that formed 
prior to the IETM indicate moderate weathering conditions.  IETM paleosol CIA values 
are moderate to intense, pointing towards an increase in weathering.  It is interpreted that 
these changes result from an increase in humidity, rainfall and carbonic acid in the soil 
during the IETM.  The increase in kaolinite is also interpreted to be a direct result of this 
ancient global warming event. 
References Cited 
 
Armstrong-Altrin, J.S., Lee, Y.I., Verma, S.P. and Ramasamy, S., 2004, Geochemistry of 
sandstones from the upper Miocene Kudankulam Formation, Southern India: 
implications for provenance, weathering and tectonic setting: Journal of 
Sedimentary Research, v. 74, p. 285-297. 
 
Atchley, S., Nort, L., and Dworkin, S., 2004, Eustatic control on alluvial sequence 
stratigraphy: A possible example from the Cretaceous-Tertiary transition of the 
Tornillo Basin , Big Bend National Park, West Texas, U.S.A.:  Journal of 
Sedimentary Research, v. 74, p. 392-405. 
 
Benison, K.C. and Goldstein, R.H., 2002, Recognizing acid lakes and groundwaters in 
the rock record:  Sedimentary Geology, v. 151, p. 177-185. 
 
Borchardt, G., 1989, Smecties:  in Dixon, J.B., and Weed, S.B., eds., Minerals in soils 
environments:  Soil Science Society of America , Madison, Wisconsin, p. 675-
727. 
 80
 
Bowen, G.J., Koch, P.L., Gingerich, P.D., Norris, R.D., Santo, B., and Corflield, R.M., 
2001, Refine isotope stratigraphy across the continental Paleocene-Eocene 
boundary on Polecat Bench in the northern Bighorn Basin: in Gingerich, P. D., 
ed., Paleocene-Eocene stratigraphy and the biotic change in the Bighorn and 
Clarks Fork Basins, Wyoming: University of Michigan Papers on Paleontology, 
v. 33, p. 73-88. 
 
Bowen, G.J., Beerling, D.J., Koch, P.L., Zachos, J.C., and Quattlebaum, T., 2004, A 
humid climate state during the Paleocene/Eocene thermal maximum:  Nature, v. 
432, p. 495-499. 
 
Bown, T.M., and Kraus, M.J., 1981, Vertebrate fossil-bearing paleosol units (Willwood 
Formation, Lower Eocene, northwest Wyoming, U.S.A.): Implications for 
taphonomy, biostratigraphy, and assemblage analysis:  Palaeogeography, 
Palaeoclimatology, Palaeoecology, v. 34, p. 31-56. 
 
Chesworth, W., 1973, The parent rock effect in the genesis of soils: Geoderma, v. 10, p. 
215-225. 
 
Coakley, J.P. and Syvitski, J.P.M. (1991) SediGraph technique. In: Principles, Methods, 
and Application of Particle Size Analysis (Ed. J.P.M. Syvitski), pp. 129-142. 
Cambridge University Press, Cambridge. 
 
Davidoff, A., and Yancey, T., 1993, Eustatic cyclicity in the Paleocene and Eocene: Data 
from the Brazos River Valley, Texas: Tectonophysics, v. 222, p. 371-395. 
 
Dixon, J.B., 1989, Kaolin and serpentine group minerals: in Dixon, J.B., and Weed, S.B., 
eds., Minerals in soils environments:  Soil Science Society of America , Madison, 
Wisconsin, p. 467-525. 
 
Dockery, D.T., 1986, Punctuated succession of Paleogene mollusks in the northern gulf 
coastal plain: Palaios, v. 1, p. 582-589. 
 
Doner, H.E. and Lynn, W.C., 1989, Carbonates, halite, sulfate, and sulfide minerals:  in 
Dixon, J.B., and Weed, S.B., eds., Minerals in soils environments:  Soil Science 
Society of America , Madison, Wisconsin, p. 279-330. 
 
Duchaufour, P. 1982, Pedology: Allen and Unwin, London, 448p. 
 
Dudal, R., and Eswaran, H., 1988, Distribution, properties and classification of Vertisols: 
in Wilding, L.P. and Puentes, R., eds., Vertisols: Their distribution properties, 
classification and management: Texas A&M University Printing Center, Texas, p. 
1-22. 
 
 81
Fanning, D.S., Keramidas, V.Z. and El-Desoky, M.A., 1989, Micas:  in in Dixon, J.B., 
and Weed, S.B., eds., Minerals in soils environments:  Soil Science Society of 
America , Madison, Wisconsin, 551-634. 
 
Fanning, D.S., and Fanning, M.C.B., 1989, Soil: morphology, genesis and classification: 
Wiley and Sons, New York, 395p. 
 
Fastovsky, D.E., and Dott, R.H.Jr., 1986, Sedimentology, stratigraphy, and extinctions 
during the Cretaceous-Paleogene transition at Bug Creek, Montana:  Geology, v. 
14, p. 279-282 
 
Fastovsky, D.E., and McSweeney, K., 1987, Paleosols spanning the Cretaceous-
Paleogene transition, eastern Montana and western North Dakota: Geological 
Society of America Bulletin, v. 99, p. 66-77. 
 
Fastovsky, D.E., and McSweeney, K., 1991, Paleocene paleosols of the petrified forests 
of Theodore Roosevelt National Park, North Dakota: A natural experiment in 
compound pedogenesis: Geological Society of America Bulletin, v. 6, p. 67-80. 
 
Fedo, C.M., Nesbitt, H.W., and Young, G.M., 1995, Unraveling the effects of postassium 
metasomatism in sedimentary rocks and paleosols, with implications for 
paleoweathering conditions and provenance:  Geology, v. 23, p. 921-924. 
 
Glassmann, J.R., 1982, Alteration of andesite in wet, unstable soils of Oregon’s western 
Cascades: Clays and Clay Minerals, v., 30, p. 253-263. 
 
Jenny, H., 1941, Factors of soil formation:  MaGraw-Hill Book Company, Inc., New 
York, New York, p. 281. 
 
Kleinert, K., and Strecker, M. R., 2001, Climate change in response to orographic barrier 
uplift: Paleosol and stable isotope evidence from the late Neogene Santa Maria 
basin, northwestern Argentina: Geological Society of America Bulletin, v. 113, p. 
728-742. 
 
Kraus, M.J., and Gwinn, B. M., 1997, Controls on the development of early Eocene 
avulsion deposits and floodplain paleosols, Willwood Formation Bighorn Basin: 
Sedimentary Geology, v. 114, p. 33-54. 
 
Kraus, M.J., 2001, Sedimentology and depositional setting of the Willwood Formation in 
the Big Horn and Clarks Fork Basins, in Gingerich, P.D., ed., Paleocene-Eocene 
stratigraphy and biotic change in the Big Horn and Clarks Fork basins, Wyoming: 
University of Michigan Papers on Paleontology, v. 33, p. 15-28. 
 
Lee, Y.W., Lee, Y.I. and Hisada, K., 2003, Paleosols in the Cretaceous Goshoura and 
Mifune groups, SW Japan and their paleoclimate implications:  Palaeogeography, 
Palaeoclimatology, Palaeoecology, v. 199, p. 265-282. 
 82
Lehman, T.M., 1989, Upper Cretaceous (Maastrichtian) paleosols in Trans-Pecos Texas, 
Geological Society of America Bulletin, v. 101, p. 188-203. 
 
Lehman, T.M., 1991, Sedimentation and tectonism in the Laramide Tornillo Basin of 
west Texas, Sedimentary Geology, v. 75, p. 9-28. 
 
MacFadden, B. J., and Cerling, T. E.,1996, Mammalian herbivore communities, ancient 
feeding ecology, and carbon isotopes:  A ten million year sequence from the 
Neogene of Florida:  Journal of Vertebrate Paleontology, v. 16(1), p. 103-115. 
 
Moore, D.M. and Reynolds, R. C. Jr., 1997, X-ray diffraction and the identification and 
Analysis of clay minerals:  Oxford University Press, Inc., New York, New York, 
p. 378. 
 
Munsell Color, 1994, Munsell soil color charts (revised edition): Newburgh, New York, 
Macbeth Division of the Kollmorgen Corporation. 
 
Nesbitt, H.W. and Young, G.M., 1982, Early Proterozoic climates and plate motions 
inferred from major element chemistry of lutites:  Nature, v. 299, p. 715- 717. 
 
Nesbitt, H.W. and Young, G.M., 1984, Prediction of some weathering trends of plutonic 
and volcanic rocks based on thermodynamic and kinetic considerations:  
Geochimica. Cosmochimica. Acta, v. 48, p. 1523-1534. 
 
Nort, L., Atchley, S. and Dworkin, S., 2003, Terrestrial evidence for two greenhouse 
events in the latest Cretaceous:  GSA Today, v. 13, p. 4-9. 
 
Petschick, R., 1997, Macdiff, version 3.2. 
 
Pipujol, M.D., and Buurman, P., 1994, The distinction between ground-water gley and 
surface water gley phenomena in Tertiary paleosols of the Ebro basin, NE Spain: 
Palaeogeography, Paleoclimatology , Palaeoecology, v. 110, p. 103-113. 
 
Pipujol, M.D., and Buurman, P., 1997, Dynamics of iron and calcium carbonate 
redistribution and palaeohydrology in middle Eocene alluvial paleosols of the 
Southeast Ebro Basin margin (Catalonia, Northeast Spain):  Palaeogeography, 
Palaeoclimatology, Palaeoecology, v. 134 ,p. 87-107. 
 
Retallack, G.J., 1990, Soils of the past: Allen and Unwin, London, 520 p. 
 
Retallack, G.J., 1994, A pedotype approach to the latest Cretaceous and earliest Tertiary 
paleosols in eastern Montana: Geological Society of America Bulletin, v. 106, p. 
1377-1397. 
 
 83
Retallack, G.J., 1997, Paleosols of the upper Narrabeen Group of New South Wales as 
evidence of Early Triassic paleoenvironments without modern analogues: 
Australian Journal of Earth Sciences, v. 44, p. 185-201. 
 
Retallack, G.J., 1999, Postapocalyptic greenhouse paleoclimate revealed by earliest 
Triassic paleosols in the Sydney Basin, Australia: GSA Bulletin, v. 111, p. 52-70. 
 
Ryskova, E.A., Kovda, I.V., Ryskov, Ya. G. and Morgun, E.G., 2001, Carbonate-calcium 
system in steppe soils of central Ciscaucasia; Euasian Soil Science, v. 34, p. 261-
274. 
 
Sheldon, N.D., Retallack, G.J. and Tanaka, S., 2002, Geochemical climofunctions from 
North American soils and application to paleosols across the Eocene-Oligocene 
boundary in Oregon: Journal of Geology, v. 110, p. 687-696. 
 
Sheldon, N.D., 2003, Pedogenesis and geochemical alteration of the Picture Gorge 
Subgroup, Columbia River Basalt, Oregon:  Geological society of America 
Bulletin, v. 115, p. 1377–1387. 
 
Schiebout, J. A., 1974, Vertebrate paleontology and paleoecology of the Paleocene Black 
Peaks Formation, Big Bend National Park, Texas, Bulletin of the Texas Memorial 
Museum, v, 24, 88 pp. 
 
Schiebout, J.A., Rigsby, C.A., Rapp, S.D., Hartnell, J.A., and Standhardt, B. R., 1987, 
Stratigraphy of the Cretaceous-Tertiary and Paleocene-Eocene transition rocks of 
Big Bend National Park, Texas: Journal of Geology, v. 95, p. 359-375. 
 
Schiebout, J. A., 1995, The Paleocene/Eocene transition on the Tornillo Flat in Big Bend 
National Park, Texas, in; Santucci, V. L. and McLelland, L. (eds.), National Parks 
Service Paleontological Research, Denver: National Parks Service, p. 40-45. 
Srodon, J., 1980, Synthesis of mixed-layer kaolinite/smectite: Clays Clay Minerals, v. 28, 
p. 19-24. 
 
Srodon, J., 1999, Nature of mixed-clayer clays and the mechanisms of their formation 
and alteration:  Annual Review of Earth and Planetary Sciences, v. 27, p. 19-53. 
 
Strickler, M.E., Ferrell, R.E., and Snelling, R.D., 1989, A quantitative dissolution method 
for the analysis of Ca-, Mg-, and Fe- carbonates in clay-rich sediments:  Journal of 
Sedimentary Petrology, V. 59, p. 624-625. 
 
Terry, D.O. Jr., 2001, Paleopedology of the Chadron Formation of northwestern 
Nebraska: implication for paleoclimatic change in the North American 
midcontinent across the Eocene-Oligocene boundary:  Palaeogeography, 
Palaeoclimatology, Palaeocology, v. 168, p. 1-38. 
 
 84
Therrien, F., and Fastovsky, D.E., 2000, Paleoenvironments of the early theropds, Chinle 
Formation (Late Triassic), Petrified Forest National Park, Arizona: Palaios, v. 16, 
p. 194-211. 
 
Wang, Y., and Cerling, T. E., 1993, A model of fossil tooth enamel and bone diagenesis:  
implications for stable isotope studies and paleoenvironmental reconstruction:  
Palaeogeograpgy, Palaeoclimatology , Palaeoecology, v. 107, p. 269-279. 
 
Wang, Y., Cerling, T.E., and MacFadden, B.J., 1994,  Fossil horses and carbon isotopes: 
new evidence for Cenozoic dietary, habitat, and ecosystem changes in North 
America:  Palaeogeograpgy, Palaeoclimatology , Palaeoecology, v. 107, p. 269-
279. 
 
White, P. D., Schiebout, J A., 2003, Paleogene paleosols of Big Bend National Park, 
Texas, in Wing, S.L., Gingerich, P.D., Schmitz, B., Thomas, E., eds., Causes and 
Consequences of Globally Warm Climates in the Early Paleogene: Boulder, 
Colorado, Geological Society of America Special 369, p. 537-550. 
 
Wing, S. L., 1998, Tertiary vegetation of North America as a context for mammalian 
evolution: in Janis, C. M., Scott, K. M., and Jacobs, L. L., eds., Evolution of 
Tertiary Mammals of North America:  Cambridge University Press, p. 37-65. 
 
 
 85
CHAPTER 4. PALEOTEMPERATURE ESTIMATES USING THE STABLE 
ISOTOPES OF OXYGEN 
 
Introduction 
Most studies spanning the Paleocene/Eocene transition in continental settings 
have used fossil flora leaf margin analyses and the stable isotopes of oxygen from 
pedogenic carbonate nodules and/or hematite nodules to quantify temperature changes 
associated with the IETM.  In the Bighorn Basin, Koch et al. (2003) report an estimated 
increase in the mean annual temperature from of 3.4 to 7.4 °C.  Bowen et al. (2001) also 
report a similar increase of 3 °C for the Bighorn Basin.  In addition to warming, evidence 
for climatic cooling during the earliest part of the Eocene has also been reported.  Using 
both leaf margin analysis and δ 18O from pedogenic iron oxides, Wing et al. (2000) report 
an initial warming during the last two million years of the Paleocene from 12.9 to over 
15.0 °C, which was followed by a drop in temperature from 18.2 to 10.8 °C during the 
first million years of the Eocene.  This cooling was later followed by a warming period in 
the lower part of Chron 24n in which, temperatures increased from 15.8 to 22.2 °C (Wing 
et al., 2000).  Bao et al. (1999) also report a cooling during the early Eocene in 
Wyoming. 
In their study of a Paleocene/Eocene section in the Powder River Basin in 
Wyoming, Wing et al. (2003) report a lag of tens of thousands of years between the 
beginning of the IETM and the first appearance of Eocene flora.  This first appearance of 
Eocene taxa is also reported to be associated with the later cooling period of the IETM 
(Wing et al., 2003).  In addition, during the IETM there is no evidence of southern taxa 
migrating north (Harrington and Kemp 2001; Harrington 2003, and Wing et al., 2003). 
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Differences in Big Bend paleosols spanning the Paleocene/Eocene boundary 
result from changes in pedogenesis, which are be linked to changes in climatic conditions 
during the IETM.  Preservation of fossil leaves and pollen, in the Paleogene of Big Bend 
Nation Park is rare, and the types of fossils that are preserved are not useful paleoclimatic 
indicators.  As a result, other proxies for climate are employed.  The stable isotopes of 
oxygen from pedogenic carbonate nodules are used to examine changes in temperature 
spanning the Paleocene/Eocene transition 
Paleotemperature Estimates Using δ18O Values 
Calculating paleotemperature from δ18O values is problematic because the effects 
of altitude, evaporation, proximity to the coast, and burial diagenesis can affect either the 
oxygen isotopic ratio of meteoric water or the oxygen isotopic ratio in calcite (Rozanski 
et al., 1993).  During the Paleocene/Eocene transition in Big Bend National Park, there 
were no large nearby mountain ranges (Lehman, 1991 and Schiebout et al., 1987) that 
could have caused an orographic or altitudinal reduction of 18O in rainwater.  Oxygen 
isotopic values of meteoric water can become more positive in a coastal setting.  Lehman 
(1991), Davidoff and Yancey (1993) and Atchley et al. (2004) all report that during the 
late Cretaceous and early Paleocene the coastline was at least 150km away and continued 
to retreat during the rest of the Paleogene with some short lived transgressive events, but 
late Cretaceous sea-levels were never reached during the IETM (Dockery, 1986).  If the 
coastline was 150km away, it seems unlikely that it would have any influence on the 
isotopic composition of water.  Cerling (1984) and Cerling and Quade (1993) report that 
there can be an evaporative enrichment of 18O in arid climates.  Arid conditions did not 
exist during the Paleogene in the study area.  Bowen et al. (2004) have demonstrated that 
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there was a significant increase in atmospheric humidity during the IETM.  White and 
Schiebout (2003) have described the Paleogene paleosols of Big Bend National Park and 
concluded that they formed partially under a seasonally dry period but have well 
developed, deeply leached profiles and abundant carbonate nodules, suggesting a 
pronounced wet season and possibly subtropical conditions.  To reduce the possible 
effects of evaporative enrichment of 18O, carbonate nodules were only sampled from the 
deepest part of B horizons.   
Methods 
Temperature estimates were calculated using the equation (1) developed by Nordt 
et al. (2003).  This equation simultaneously solves two equations that explain the 
fractionation of oxygen isotopes from water during the production of pedogenic 
carbonate (2) (Friedman and O’Neil, 1997) and correlation between oxygen isotopes of 
meteoric water and the mean annual air temperature (3) (Fricke and O’Neil, 1999): 
-0.498 T3 + (δ18Ocalcite(SMOW)) + 152.04) T2 – 2.78 x 106 = 0     (1) 
δ18Ocalcite(SMOW) - δ18Owater(SMOW) = 2.78 (106 T-2) – 2.89         (2) 
δ18Owater(SMOW) = 0.498 (T – 273) – 13.20                                    (3) 
where T is temperature in Kelvin. 
The data used for this analysis are presented in chapter two of this dissertation.  
Chapter two also describes the collecting and analytical methods that were used to 
develop the chemostratigraphic section for the study area. 
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Results 
The raw carbon and oxygen stable isotopic data are shown in Figure 4.1.  Average 
stable isotope values are presented in Figure 4.2.  The carbon excursion starts at 
approximately 115m in the section and stable carbon isotopes values return to pre 
excursion conditions at approximately 131.5m.  The Paleocene/Eocene boundary, by 
definition, is at the base of the carbon excursion.  Figure 3.3 is a plot of δ13C data and the 
paleotemperatures that were derived using the equation developed by Nort et al. (2003). 
Temperatures are at their maximum in the latest Paleocene.  The temperature 
drops significantly at 103.0m in the section.  It is uncertain if the change in temperature is 
real.  Black paleosols in Big Bend have been interpreted as acid sulfate soils (White and 
Schiebout, 2003) and it is unclear at this point why they formed.   Schiebout (1995) has 
had some success linking their occurrence to marine transgressions.  If this interpretation 
is true, it is questionable that the δ18O data at this level in the section are meaningful.  
Nonetheless, the temperatures are at their maximum (24.7°C) in the lowest part of the 
section, and ignoring the data at 103m, there is still a drop in temperature of 
approximately 1.5°C from 95.0m to 106.5m.  Then temperatures rebound about 1.0°C at 
115.08m, which is coincident with the beginning of the carbon excursion and thus, the 
Paleocene/Eocene boundary.  Temperatures then continue to decease from 24.2°C to 
18.3°C at an elevation of 130.8m.  The trend in temperature change from 130.8m to 
139.8m is a steady increase of 1.6°C.  The last general trend in the data is from 139.8m to 
155.23m, which is an increase in temperature of 1.1°C, but this section is punctuated by 
decreases of up to 3.4°C.  Temperatures are at their highest in the latest Paleocene.  
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Excluding the data at 103.0m, the average temperature for the latest Paleocene is 23.9°C. 
The average temperature within the carbon excursion is 20.9°C and the average 
temperature in the rest of the section is 19.5°C. 
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Figure 4.1 – Complete isotope data set from the Tornillo Formation in the study area in 
Big Bend National Park, TX.  Significant gaps in the section result from the absence of 
carbonate nodules in paleosols at these levels. 
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Figure 4.2 - Average isotope values for each paleosol horizon spanning the Paleocene/ 
Eocence transition from the Tornillo Formation, Big Bend National Park, Texas. 
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Figure 4.3 – Carbon isotope data and paleotemperature for the Paleocene/Eocene 
transition in Big Bend National Park, Texas. 
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Interpretation 
Bowen et al. (2001 and 2004) and Koch et al. (2003) report similar changes in 
climate during the Paleocene/Eocene transition in Wyoming, but they report lower 
temperatures prior to the carbon excursion, increased temperature during the excursion, 
followed by a short cooling period after the excursion and then warming until the Eocene 
Initial Warming event is reached.  The section in Big Bend does not cover as much time 
as the sections in Wyoming, but there is enough time record to recognize that there are 
differences.  The findings reported here are more similar to those reported by Wing et al. 
(2000), where they report a warming of 2.1°C during the latest part of the Paleocene, 
followed by a drop in temperature of 7.4°C in the first million years of the Eocene, which 
was later followed by a two step rapid increase of 11.4°C in the lower part of Chron 24n.  
The temperatures are at their highest during the latest Paleocene in Big Bend National 
Park and there is a 1.2°C temperature increase up to the base of the ICE.  Temperatures 
decrease during the carbon excursion from 24.2°C to a minimum of 18.5°C for a cooling 
of 5.5°C.  This is followed by a general trend towards increased temperatures from 
18.5°C to 21.0°C, but the trend is punctuated by significant decreases in temperature.  
Thus, a similar warming, then cooling trend followed by a warming period is recorded in 
both study areas.  The differences are in the duration of the cooling period, and the onset 
of the final warming period.  In Big Bend, the cooling only lasts for approximately 84 
k.y. and the warming starts earlier, but extends up into Chron 24n.  It is thought (Wing et 
al., 2000), that regressions might correspond to colder winter temperatures and increased 
seasonality in continental interiors.  Wing et al. (2000) could not correlate their warming, 
cooling and then warming pattern with changes in sea-level.  Schiebout (1995) has had 
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some success at correlating black paleosols in Big Bend with transgressive cycles.  The 
coolest periods recorded in the Paleogene of Big Bend National Park correspond to the 
formation of black paleosols.  At this point it is unclear why there was cooling during the 
earliest Eocene or why the coolest intervals might correspond to a closer shoreline.  This 
is the third study in North American continental deposits that reports a cooling during the 
earliest part of the Eocene and demonstrates the complexities of climate change during 
this ancient global warming event. 
A recent discovery of a fossil flora assemblage in Wyoming that is within the CIE 
may change the interpretation of temperature changes during the IETM (S. Wing, pers. 
comm.).  This new find does suggest that there was a migration of southern floras 
northward during the time associated with the ICE (S. Wing, pers. comm.).  This suggests 
that there was a warming during the ICE and southern flora migrated north (S. Wing, 
unpublished data).  There is general agreement that fossil flora analyses result in much 
more reliable interpretations of paleotemperatures than those derived from stable isotopes 
(Koch, 2003).  If the initial findings from this new flora in Wyoming prove to be 
accurate, it will call the findings of this and other studies into question. 
Summary and Conclusions 
Temperatures are highest during the latest Paleocene (24.7°C) and there is a 
cooling of 5.5°C during the carbon excursion.  This is later followed by a gradual 
increase in temperature.  This warming, cooling and warming cycle has also been 
reported for the Paleocene/Eocene transition in Wyoming (Wing et al., 2000, Bao et al., 
1999).  At this time, it is not clear why there was this cooling period during the IETM.  
Wing et al. (2000) attempted but, failed to correlate the warming, cooling and then 
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warming with sea-level changes.  Black acid sulfate paleosols in Big Bend have been 
interpreted as the result of marine transgressions (Schiebout, 1995).  If this is the case, 
two cool periods in the Paleocene strata of Big Bend correlate with marine transgressions, 
not regressions.  The recent discovery of a fossil flora site in Wyoming will most likely 
provide new insight on temperature changes during the IETM. 
References Cited 
Atchley, S., Nort, L., and Dworkin, S., 2004, Eustatic control on alluvial sequence 
stratigraphy: A possible example from the Cretaceous-Tertiary transition of the 
Tornillo Basin , Big Bend National Park, West Texas, U.S.A.:  Journal of 
Sedimentary Research, v. 74, p. 392-405. 
 
Bao, H., Koch, P.L. and Douglas, R, 1999, Paleocene-Eocene climate variation in 
western North America:  Evidence from the δ18O of pedogenic hematite:  
Geological Society of America Bulletin, v. 111, p. 1405-1415. 
 
Bowen, G.J., Beerling, D.J., Koch, P.L., Zachos, J.C., and Quattlebaum, T., 2004, A 
humid climate state during the Paleocene/Eocene thermal maximum: Nature, v. 
432, p. 495-499. 
 
Bowen, G.J., Koch, P.L., Gingerich, P.D., Norris, R.D., Santo, B., and Corflield, R.M., 
2001, Refine isotope stratigraphy across the continental Paleocene-Eocene 
boundary on Polecat Bench in the northern Bighorn Basin: in Gingerich, P. D., 
ed., Paleocene-Eocene stratigraphy and the biotic change in the Bighorn and 
Clarks Fork Basins, Wyoming: University of Michigan Papers on Paleontology, 
v. 33, p. 73-88. 
 
Cerling, T.E., 1984, The stable isotope composition of modern soil carbonates and its 
relation to climate: Earth and Planetary Science Letters, v. 71, p. 229-240. 
 
Cerling, T.E., Solomon, D.K., Quade, J., and Bowman, J.R., 1991, On the isotopic 
composition of carbon in soil carbon dioxide:  Geochimica et Cosmochimica 
Acta, v. 55, p. 3403-3405. 
 
Davidoff, A., and Yancey, T., 1993, Eustatic cyclicity in the Paleocene and Eocene: Data 
from the Brazos River Valley, Texas: Tectonophysics, v. 222, p. 371-395. 
 
Dockery, D.T., 1986, Punctuated succession of Paleogene mollusks in the northern gulf 
coastal plain: Palaios, v. 1, p. 582-589. 
 
 95
Fricke, H.C., and O’Neil, J.R., 1999,  The correlation between 18O/16O ratios of 
meteoric water and surface temperature: its use in the investigating terrestrial 
climate change over geological time:  Earth and Planetary Science Letters, v. 170, 
p. 181-196. 
 
Friedman, I., and O’Neil, J.R., 1977, Data of geochemistry: compilation of stable isotope 
fractionation factors of geochemical interest:  U.S. Geological Survey 
Professional Paper, 440KK, p., 1-12. 
 
Harrington, G.J., 2003, Geographic patterns in the floral response to Paleocene-Eocene 
warming:  in Wing, S.L., Gingerich, P.D., Schmitz, B., Thomas, E., eds., Causes 
and Consequences of Globally Warm Climates in the Early Paleogene: Boulder, 
Colorado, Geological Society of America Special 369, p. 381-393. 
 
Harrington, G.J., and Kemp, S.J., 2001, US Gulf Coast vegitation dynamics during the 
latest Paleocene:  Palaeogeography, Palaeoclimatology, Palaeoecology, v. 167, p. 
1-21. 
 
Koch, P.L., Clyde, W.C., Hepple, R.P., Fogel, M.L., Wing, S.L., and Zachos, J.C., 2003, 
Carbon and oxygen iotope records from paleosols spanning the Paleocene-Eocene 
boundary, Bighorn Basin, Wyoming; in Wing, S.L., Gingerich, P.D., Schmitz, B., 
Thomas, E., eds., Causes and Consequences of Globally Warm Climates in the 
Early Paleogene: Boulder, Colorado, Geological Society of America Special 369, 
p. 49-64. 
 
Lehman, T.M., 1991, Sedimentation and tectonism in the Laramide Tornillo Basin of 
west Texas, Sedimentary Geology, v. 75, p. 9-28. 
 
Nort, L., Atchley, S. and Dworkin, S., 2003, Terrestrial evidence for two greenhouse 
events in the latest Cretaceous: GSA Today, v. 13, p. 4-9. 
 
Rozanski, K., Araguas-Araguas, L., and Gonfiantini, R., 1993, Isotopic patterns in 
modern global precipitation, in Swart, P., et al., eds., Climate change in  
continental isotopic records:  American Geophysical Union, Geophysical 
Monograph, 78, Washington, D.C., p. 1-36. 
 
Schiebout, J.A., Rigsby, C.A., Rapp, S.D., Hartnell, J.A., and Standhardt, B. R., 1987, 
Stratigraphy of the Cretaceous-Tertiary and Paleocene-Eocene transition rocks of 
Big Bend National Park, Texas: Journal of Geology, v. 95, p. 359-375. 
 
Schiebout, J. A., 1995, The Paleocene/Eocene transition on the Tornillo Flat in Big Bend 
National Park, Texas, in; Santucci, V. L. and McLelland, L. (eds.), National Parks 
Service Paleontological Research, Denver: National Parks Service, p. 40-45. 
 
 
 96
White, P. D., Schiebout, J A., 2003, Paleogene paleosols of Big Bend National Park, 
Texas, in Wing, S.L., Gingerich, P.D., Schmitz, B., Thomas, E., eds., Causes and 
Consequences of Globally Warm Climates in the Early Paleogene: Boulder, 
Colorado, Geological Society of America Special 369, p. 537-550. 
 
Wing, S. L., Bao, H., and Koch, P.L., 2000, An early Eocene cool period? Evidence for 
continental cooling during the warmest part of the Cenozoic, in Huber, B.T., et 
al., eds., Warm Climates in Earth History: Cambridge University Press, U.K., 
p.197-237. 
 
Wing, S.L., Harrington, G.J., Bowen, G.J. and Kock, P.L., 2003, in Wing, S.L., 
Gingerich, P.D., Schmitz, B., Thomas, E., eds., Causes and Consequences of 
Globally Warm Climates in the Early Paleogene: Boulder, Colorado, Geological 
Society of America Special 369, p.425-440. 
 97
CHAPTER 5.  SUMMARY and CONCLUSIONS 
A chemostratigraphic section using the stable isotopes of carbon and oxygen from 
pedogenic carbonate nodules has been developed in a sequence of paleosols in Big Bend 
National Park, Texas, and the carbon excursion that is associated the initial Eocene 
thermal maximum has been identified and thus the Paleocene-Eocene boundary.  The 
negative carbon excursion has been identified within C24r.  The range in δ13C values is 
from -13.240/00 to -8.140/00. 
Stable oxygen ratios vary within paleosols and within single nodules.  The 
maximum within-nodule range is 1.70‰.  Soils from the Paleogene in Big Bend are 
interpreted to have been active at the Earth’s surface during changing climatic conditions 
and, as a result, the changes in stable oxygen ratios within paleosols or within nodules 
represent changing atmospheric pCO2 and soil temperatures during the precipitation of 
micritic calcite and the formation of carbonate nodules.  They are not a result of 
diagenesis. 
The first occurrence of Hyracotherium in Big Bend is after the carbon excursion 
and its first appearance in Wyoming is during the excursion.  This supports a north to 
south dispersal for North America’s first horses. 
The exposures in the study area are mostly red and black mudstones, the colors of 
which result from pedogenic processes.  Common pedogenic features of the red paleosols 
are slickensides, sub angular-blocky peds, carbonate nodules, redoximorphic features, 
and Gilgai microrelief.  Smectite is the most abundant clay mineral present.  Quartz, 
calcite and plagioclase make up the remaining bulk of their mineralogy.  These ancient 
soils are interpreted to have formed under mainly dry conditions with seasonal wetting 
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and a fluctuating water table.  Black paleosols are less common than red paleosols and do 
not occur in the Hannold Hill member of the Tornillo formation.  Slickensides and sub 
angular blocky peds are common pedogenic features in them.  Black paleosols contain 
significantly less plagioclase and calcite. Black paleosols formed under very wet and 
poorly drained conditions in which calcite and plagioclase were leached, and authigenic 
smectite was produced.  Gypsum and natrojarosite are found in black paleosols.  In 
modern soils these two minerals are common in acid sulfate soils.  Black paleosols in Big 
Bend are interpreted as ancient acid sulfate soils.  
The color, morphology, mineralogy and geochemistry of paleosols spanning the 
Paleocene-Eocene transition in Big Bend National Park, Texas were examined with the 
intent of determining the possible effects that the IETM may have had on pedogenesis.  
The colors of E horizons of paleosols that formed during the IETM are more drab than 
those that formed prior to the IETM.  An increase in the effects of episaturation caused 
by increased rainfall may explain the removal of iron and resulting drab colors.  Soil 
structure is similar in pre- and IETM paleosols, but some IETM paleosols lack the 
slickensides that are common in most Big Bend paleosols.  This is interpreted to be a 
result of an increase in the effective depth of the translocation of clays and pedogenic 
overprinting of E horizons onto underlying B horizons, caused by an increase in rainfall.  
The amount of calcite, and in some cases, plagioclase, is reduced in IETM paleosols.  
This indicates an increase in hydrolysis reactions.  Kaolinite becomes more abundant in 
IETM paleosols and this also suggests an increase in hydrolysis.  Molecular weathering 
ratios also show an increase in hydrolysis reactions.  The chemical index of alteration 
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(CIA) for paleosols that formed before the IETM indicates moderate weathering 
conditions.  IETM paleosols have CIA values that are moderate to intense. 
Temperature estimates were made using the stable isotopes of oxygen.  
Temperatures are highest during the latest Paleocene (24.7°C).  There is a significant 
cooling during the IETM of 5.5°C to a minimum of 18.5°C.  During the earliest Eocene 
there is a general trend towards higher temperatures from 18.5°C to 21.0°C.  Unpublished 
fossil floral data from Wyoming suggests that there was a significant warming during 
ICE not a cooling (S. Wing, pers. comm.).  This new fossil floral data suggests that 
paleotemperatures derived from the stable isotopes of oxygen in this study as well as 
others may be specious. 
Changes in pedogenesis reflect increases in rainfall, soil moisture and carbonic 
acid in the soil.  This suggests that climatic conditions during the IETM were moister 
than during the latest Paleocene. 
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 APPENIDIX A:  STRATIGRAPHIC SECTIONS 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
Appendix A – Columnar section CS-1 from the western Tornillo Flat of Big Bend National Park, Texas 
B and E are horizon designations, K = carbonate, ss = slickensides, g = mottled. 
   Redoximorphic features               Carbonate nodules       Slickensides 
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Appendix A – Continued.  Columnar section CS-2 
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Appendix A – Continued.  Columnar section CS-3. 
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Appendix A – Continued.  Columnar section CS -4. 
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Appendix A – Continued.  Columnar section CS-5. 
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APPENDIX B:  SECTIONAL DATA 
 
Appendix B – Samples numbers, descriptions and their elevations in the section. 
 
Sample Number General Discription of Sample Elevation in Section (meters)
J3-01 Pre ICE red paleosol B horizon 112.14
J3-02 Pre ICE red paleosol B horizon 112.50
J3-03 Pre ICE red paleosol E horizon 112.85
J3-04 Pre ICE red paleosol B horizon 113.12
J3-05 Pre ICE red paleosol E horizon 113.21
J3-06 Pre ICE red paleosol B horizon 113.31
J3-07 Pre ICE red paleosol B horizon 113.77
B6-01 ICE red paleosol B horizon 119.35
B6-03 ICE red paleosol B horizon 119.80
B6-05 ICE red paleosol E horizon 121.70
L-D black paleosol 62.00
L-E black paleosol 78.00
L-F black paleosol 103.40
L-G black paleosol 125.00
PDW-M01-M Pre ICE red paleosol B horizon 111.84
PDW-M03-M Pre ICE red paleosol B horizon 111.94
PDW-M05-M Pre ICE red paleosol B horizon 112.04
PDW-M06-M Pre ICE red paleosol B horizon 112.09
PDW-M08-M Pre ICE red paleosol B horizon 112.19
PDW-M10-M Pre ICE red paleosol B horizon 112.29
PDW-M12-M Pre ICE red paleosol B horizon 112.39
PDW-M13-M Pre ICE red paleosol B horizon 112.44
PDW-M14-M Pre ICE red paleosol E horizon 112.49
PDW-M16-M Pre ICE red paleosol E horizon 112.59
PDW-M18-M Pre ICE red paleosol E horizon 112.69
PDW-M20-M Pre ICE red paleosol E horizon 112.79
PDW-M22-M Pre ICE red paleosol E horizon 112.89
PDW-M24-M Pre ICE red paleosol B horizon 112.99
PDW-M25-M Pre ICE red paleosol B horizon 113.04
PDW-M26-M Pre ICE red paleosol E horizon 113.09
PDW-M27-M Pre ICE red paleosol E horizon 113.14
PDW-M28-M Pre ICE red paleosol B horizon 113.19
PDW-M29-M Pre ICE red paleosol B horizon 113.24
PDW-M30-M Pre ICE red paleosol E horizon 113.29
PDW-M32-M Pre ICE red paleosol E horizon 113.39
PDW-M34-M Pre ICE red paleosol E horizon 113.49
PDW-M36-M Pre ICE red paleosol E horizon 113.59
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Appendix B - Continued 
Sample Number General Discription of Sample Elevation in Section (meters)
 
PDW-Y111-M ICE red paleosol B horizon 118.15
PDW-Y112-M ICE red paleosol B horizon 118.30
PDW-Y113-M ICE red paleosol B horizon 118.42
PDW-Y114-M ICE red paleosol E horizon 118.68
PDW-Y115-M ICE red paleosol E horizon 118.88
PDW-Y116-M ICE red paleosol B horizon 119.15
PDW-Y117-M ICE red paleosol B horizon 119.35
PDW-Y118-M ICE red paleosol B horizon 119.46
PDW-Y119-M ICE red paleosol E horizon 119.63
PDW-Y120-M ICE red paleosol E horizon 119.78
PDW-Y121-M ICE red paleosol B horizon 119.99
PDW-Y122-M ICE red paleosol B horizon 120.24
PDW-Y123-M ICE red paleosol E horizon 120.45
PDW-Y124-M ICE red paleosol E horizon 121.05
PDW-Y125-M ICE red paleosol E horizon 121.45
PDW-Y126-M ICE red paleosol E horizon 121.85
PDW-Z17-M Black paleosol (layer F) 103.00
PDW-Z21-M Black paleosol (layer F) 103.20
PDW-Z23-M Black paleosol (layer F) 103.30
PDW-Z25-M Black paleosol (layer F) 103.40
PDW-Z29-M Black paleosol (layer F) 103.60
PDW-Z31-M Black paleosol (layer F) 103.70
PDW-Z33-M Black paleosol (layer F) 103.80
PDW-Z34-M Black paleosol (layer F) 103.85
PDW-Z59-M Black paleosol (layer G) 123.00
PDW-Z71-M Black paleosol (layer G) 123.20
PDW-Z83-M Black paleosol (layer G) 123.40
PDW-Z51-M Black paleosol (layer G) 123.60
PDW-Z55-M Black paleosol (layer G) 123.80
PDW-Z63-M Black paleosol (layer G) 124.00
PDW-Z67-M Black paleosol (layer G) 124.20
PDW-Z75-M Black paleosol (layer G) 124.40
PDW-Z79-M Black paleosol (layer G) 124.60
PDW-Z87-M Black paleosol (layer G) 124.80
PDW-Z90-M Black paleosol (layer G) 124.95
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